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Abstract

The absorption of atmospheric carbon dioxide (CO2) by seawater and subsequent
equilibrium reactions within this ionic medium give rise to a complex chemical sys-
tem often referred to as the marine carbonate system. This system is influenced by
physical and biogeochemical processes in the ocean. The marine carbonate system
is a major component of the global carbon cycle and is, by virtue of its interaction
with atmospheric CO2, of fundamental importance to the Earth’s climate. Accu-
rate knowledge of the properties of the marine carbonate system is a prerequisite
for understanding the chemical forcing and consequences of key biogeochemical
processes such as biological production, organic matter respiration, or uptake of
anthropogenic carbon. The assessment of the marine carbonate system builds on
precise measurements by state-of-the-art analytical methods as well as an under-
standing of the underlying fundamental chemistry in terms of ionic interactions
and equilibrium thermodynamics. This thesis focuses on different aspects of the
marine carbonate system with emphasis on biogeochemical processes and thermo-
dynamic modelling of the seawater ionic medium. A quantitative understanding
of the equilibrium solution chemistry of seawater ultimately relies on accurate es-
timations of activity coefficients of all the various components that make up the
solution. Activity coefficients of the carbonate system in sodium chloride solution
of varying ionic strength were estimated by Monte Carlo simulations at different
temperatures, as well as activity coefficients of chloride and sulfate salts of a sim-
plified seawater electrolyte, suggesting that a complete Monte Carlo description of
seawater activity coefficients may be achievable using the hard sphere approach
with a very limited number of fitted parameters. Chemical speciation modelling
showed that the measured excess alkalinity of Baltic seawater is consistent with
an organic alkalinity derived from humic substances of terrestrial origin. In deep
waters of the Baltic Sea, oxygen and sulfate was found to be the major electron ac-
ceptors to the remineralization of organic matter under different redox conditions.
It was further suggested that this organic matter predominantly had a terrestrial ori-
gin. The subsurface waters of the central Arctic Ocean were found to be a sink of
anthropogenic CO2, attributed to uptake by source waters of Atlantic origin. The
sea-ice covered central Arctic Ocean was also shown to harbor low, but significant
biological productivity. Late summer net community production was estimated us-
ing multiple approaches based on both discrete and underway measurements and
results showed large spatial variability between the deep basins with extremes at
the marginal ice zone.
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Populärvetenskaplig sammanfattning

Haven utgör en central del i den globala kolcykeln. Processer i havet som påverkar
kolcykeln är därför betydelsefulla för det globala klimatet då de påverkar utbytet
av koldioxid (CO2) med atmosfären. För att förstå klimatutvecklingen är det därför
viktigt att ha god kunskap om de relevanta processerna i havet. Idag är detta än mer
viktigt då, i huvudsak, förbränning av fossila bränslen medför stora utsläpp av CO2
till atmosfären. En effekt av dessa utsläpp är det välkända faktum att havens pH har
minskat, vilket idag är ett aktuellt och omfattande internationellt forskningsområde,
ocean acidification (havsförsurning).

När CO2 löser sig i havsvatten bildas den svaga syran kolsyra. Kolsyran om-
vandlas i sin tur till bikarbonat- och karbonatjoner, medan vätejoner frisläpps, d.v.s.
vattnet blir surare (lägre pH). Dessa jämviktsreaktioner ger upphov till ett komplext
kemiskt system som brukar kallas för det marina karbonatsystemet. Detta system
påverkas av flera fysiska, biologiska, geologiska och kemiska processer, eller ofta
uttryckt som fysiska och biogeokemiska processer, i havet. Kunskap om kolcykeln
och de biogeokemiska processerna, t ex biologisk produktion, nedbrytning av or-
ganiskt material eller upptag av antropogen CO2 (från mänsklig aktivitet), kräver
god förståelse av karbonatsystemets olika ingående delar. Karbonatsystemet kan
bestämmas genom att mäta två av de fyra mätbara parametrarna: totalt löst oorga-
niskt kol, total alkalinitet, partialtrycket av CO2 samt pH. Utvärderingen bygger
på termodynamiska jämviktsförhållanden och joninteraktioner i havsvatten. Den-
na avhandling behandlar olika delar av det marina karbonatsystemet med fokus på
biogeokemiska processer och termodynamisk modellering av havsvatten.

En kvantitativ förståelse av havsvattens lösningskemi vid jämvikt bygger på
att aktivitetskoefficienter för alla olika ingående komponenter (joner och mole-
kyler) kan uppskattas efter bästa möjliga förmåga. En aktivitetskoefficient är en
faktor som tar hänsyn till elektrostatiska interaktioner mellan joner i lösning och
relaterar koncentrationen av en löst komponent med dess aktivitet, där aktiviteten
kan ses som den effektiva koncentrationen. Jonernas aktivitet minskar som följd av
att jonerna skärmar varandra från interaktion med andra joner. I denna avhandling
uppskattades aktivitetskoefficienter av karbonatsystemets ingående komponenter i
natriumkloridslösning vid olika koncentrationer och temperaturer genom Monte
Carlo-simuleringar, som grundar sig i statistisk mekanik. Vidare uppskattades ak-
tivitetskoefficienter av klorid- och sulfatsalter i en förenklad havsvattenselektrolyt.
Fördelen med denna metod är att den bygger på endast ett fåtal anpassade para-
metrar, såsom jonradier, jämfört med den uppsjö av termodynamisk data som krävs
för andra gällande jonpars- och specifika joninteraktionsmodeller. En nackdel med
Monte Carlo-metoden i detta sammanhang är att den kräver extremt mycket dator-
kraft.

Kemiska specieringsberäkningar visade att uppmätt överskott av alkalinitet i
Östersjön var förenligt med organisk alkalinitet från humusämnen som tillförts
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från land med floderna. Detta var första gången en specifik joninteraktionsmodell
kopplades med en oförändrad humusmodell. Östersjön är ett bräckt inlandshav som
karaktäriseras av kraftig flodvattentillförsel och begränsat vattenutbyte med haven
utanför de grunda och trånga sunden mellan Sverige och Danmark. En effekt av
detta är att ytvattnet har betydligt lägre salthalt än vattnen i de djupa delarna. Det
begränsade vattenutbytet tillsammans med övergödning resulterar i att de djupa de-
larna till största delen är syrefria, där även svavelväte bildas då organiskt material
bryts ner i vattenpelare och sediment. I detta arbete undersöktes kopplingen mellan
pH och biogeokemiska processer i Gotlandsdjupet i Egentliga Östersjön under två
år med olika syreförhållanden. Låga, men konstanta, pH-värden observerades un-
der båda år och ackumulering av alkalinitet och löst oorganiskt kol påvisades under
syrefria förhållanden i djupvattnet. Genom applicering av en organisk modellsub-
stans påvisades syre och sulfat vara de viktigaste oxidationsmedel vid nedbrytning
av organiskt material under olika reduktions-oxidationsförhållanden. Det organiska
materialet var förenligt med material av terrestert ursprung.

Arktiska Oceanen (eller Norra Ishavet) är ett hav i snabb förändring med, bl.a.
en snabbare klimatförändring än i någon annan del av världen. Sommaren 2012 var
havsisens utbredning i Arktis den minsta i modern tid samtidigt som medeltempe-
raturen i Arktis har ökat dubbelt så mycket som den globala medeltemperaturen
under de senaste 100 åren. Förändringarna kommer sannolikt att ha både miljö-
mässiga och socioekonomiska konsekvenser, även utanför polarområdena. Det har
rapporterats att Arktiska Oceanens upptag av CO2 från atmosfären utgör upp till
tio procent av det globala upptaget från atmosfären, men denna uppskattning är
osäker. Det råder även stora oklarheter kring huruvida Arktiska Oceanen kommer
att bli en sänka eller källa för CO2 vid isfria förhållanden under sommarhalvåret.
Utfallet kommer till stor del att bero på framtida förändringar i primärproduktion,
då växtplankton tar upp och omvandlar CO2 till organiskt kol genom fotosyntes.
Efterföljande export av detta kol till djupvattnet, den biologiska pumpen, är direkt
kopplad till nettoproduktionen. De flesta vetenskapliga studier av primärproduktion
och biologisk nettoproduktion i Arktiska Oceanen har fokuserat på de produktiva
randhaven, eftersom centrala Arktis ofta är svårtillgängligt i början av den produk-
tiva säsongen. Rådande uppskattningar av den årliga och säsongsbaserade primär-
och nettoproduktionen är låga i de centrala delarna jämfört med de produktiva rand-
haven. I denna avhandling har påvisats betydande biologisk produktivitet i centrala
Arktis. Den biologiska nettoproduktionen var generellt låg, men signifikant i de
istäckta djupbassängerna med en stor rumslig variation. Extremt hög produktivitet
och nettoproduktion observerades vid iskanterna. Studien baserades på fyra olika
metoder där både diskreta och kontinuerliga mätningar användes. En annan studie
visade att de intermediära vattenmassorna i centrala Arktis är en sänka för antro-
pogen koldioxid, baserat på analys av mätdata från forskningsexpeditioner med
isbrytare mellan 1991 och 2011. Ökningen i antropogen CO2 i de intermediära vat-
tenmassorna tillskrevs ett tidigare upptag av CO2 i de vatten av Atlantiskt ursprung
som flödar in i Arktiska Oceanen.
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Chapter 1

Introduction and Objectives

“In the composition of sea-water the carbonic acid, on account of its intimate rela-
tions to life, forms an item of particular interest.”

John Murray, one of the naturalists of the expedition,
Report on the scientific results of the Voyage of H.M.S. Challenger during the years 1873-76

(1884)

The absorption of atmospheric carbon dioxide (CO2) by seawater and subsequent equi-
librium reactions within this ionic medium give rise to a complex chemical system, often
referred to as the marine carbonate system (or alternatively referred to as the marine
CO2 system or the seawater CO2-carbonate system). This system is influenced by phys-
ical, chemical, biological, and geological processes, i.e., physical and biogeochemical
processes, in the ocean.

The marine carbonate system is a major component of the global carbon cycle and is,
by virtue of its interaction with atmospheric CO2, of fundamental importance to the
Earth’s climate. The oceanic reservoir of inorganic carbon is roughly 60 times that
of the atmosphere (Sabine et al., 2004). Therefore even small changes in the natural
components of the marine carbon cycle have the potential to significantly feedback to
the Earth’s climate system (Tanhua et al., 2013).

Approximately 30% of the total human emissions of CO2 (anthropogenic CO2) to the
atmosphere is accumulating in the ocean (Le Quéré et al., 2010). The uptake of CO2 by
the ocean changes the chemical balance of seawater through the thermodynamic equi-
librium of CO2 with seawater, with implications for surface ocean chemistry, physical
properties, individual marine organisms, and ocean ecosystems. Dissolved CO2 forms
the weak carbonic acid (H2CO3) and, as CO2 in seawater increases, the pH, carbon-
ate ion (CO2−

3 ), and calcium carbonate (CaCO3) saturation state of seawater decreases,
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Introduction

while bicarbonate (HCO−3 ) increases. The mean pH of surface waters ranges between
7.8 and 8.4 in the open ocean, so the ocean remains mildly alkaline (pH >7) at present
(Feely et al., 2009). Ocean uptake of CO2 results in gradual acidification of seawater in
a process termed ’ocean acidification’ (e.g., Caldeira and Wickett, 2003; Doney et al.,
2009). The observed decrease in ocean pH of 0.1 since the beginning of the industrial era
corresponds to a ∼30% increase in the hydrogen ion concentration (Feely et al., 2009).
Direct measurements on ocean time-series stations in the North Atlantic and North Pa-
cific (Figure 1.1) record decreasing pH with rates ranging from -0.0014 and -0.0024 pH
units per year (Rhein et al., 2013; Bates et al., 2014). The largest ocean acidification
influences for the environment are expected to occur in the polar regions (Orr et al.,
2005).

The Arctic Ocean has great potential for taking up atmospheric CO2 owing to high bi-
ological production in the large ocean margin areas and the cooling of warm inflowing
waters. The Arctic is widely viewed as the area on Earth most sensitive to climate
changes (Rhein et al., 2013), with acidification more pronounced than that of any other
ocean (Steinacher et al., 2009). Sea ice melt in the Arctic Ocean has increased steadily
over recent decades, proceeding faster than any model prediction. It has been postu-
lated that an ice-free condition in the Arctic Ocean basins would allow for uptake of a
substantial amount of additional CO2 from the atmosphere (Bates and Mathis, 2009),
although contrasting views exist (Cai et al., 2010b; Steiner et al., 2013). In Paper IV,
the anthropogenic CO2 inventory of the subsurface waters of the central Arctic Ocean
was investigated based on measurements of the marine carbonate system from research
expedititions with icebreakers. In Paper III, large-scale patterns of late summer net com-
munity production in the ice covered central Arctic Ocean were estimated by different
approaches, based on both discrete and underway measurements.

In marginal coastal systems, the situation is more complex. River runoff dilutes the sea-
water, which may or may not decrease the buffer capacity, depending on the composition
of the runoff. In some areas rivers drain land rich in limestone, adding high alkalinity
water to the coastal seas. Also, highly productive areas, impacted by eutrophication,
could lower the oxygen content of the bottom waters in particular, thereby impacting the
carbonate system through a series of redox reactions. In coastal, or estuarine waters such
as the Baltic Sea, the temporal pH variability is substantial and often masks the decline
from uptake of anthropogenic CO2 (Borges and Gypens, 2010).The pH sensitivity is
generally amplified by the reduced buffer capacity and the pronounced terrestrial input.
As much as 30% of the ocean CO2 uptake may originate from the continental shelves
(Chen and Borges, 2009), making these areas important when considering the marine
carbon cycle. In Paper I, the coupling of pH and biogeochemical processes was investi-
gated in the deep waters of the Baltic Sea, under contrasting redox conditions. In Paper
V, the contribution of weak organic protolytes (polydisperse humic substances) to the
measured total alkalinity was investigated by a chemical speciation modelling approach.
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Chapter 1

Accurate knowledge of the properties of the marine carbonate system is a prerequisite for
understanding the chemical forcing and consequences of key biogeochemical processes
such as biological production, organic matter respiration, or uptake of anthropogenic car-
bon. The assessment of the marine carbonate system relies on state-of-the-art analytical
methods as well as the underlying fundamental chemistry in terms of ionic interactions
and equilibrium thermodynamics. A quantitative understanding of the equilibrium solu-
tion chemistry of seawater relies ultimately on a knowledge of the chemical potentials
(or the activities) of all the various components that make up the solution. As the direct
measurement of these quantities is an improbable task, much effort has gone into the
development of empirical methods for estimating activity coefficients, i.e., the ratios be-
tween activities and concentrations. In Papers II and VI, a Monte Carlo method was used
to estimate the stoichiometric dissociation constants of the carbonate system in sodium
chloride solution and mean activity coefficients of a simplified seawater electrolyte of
varying ionic strength (salinity) at different temperatures, respectively.

The first part of this thesis is divided into three main chapters, where the appended pa-
pers are put into context. Chaper 2 gives an introduction to the marine carbonate system,
its parameters and their associated definitions and analytical procedures. Chapter 3 gives
examples of biogeochemical processes affecting the marine carbonate system with em-
phasis on the central Arctic Ocean and the Baltic Sea. Chapter 4 introduces the concept
of activities in the seawater ionic medium and different approaches for estimating the
inter-related activity coefficients. A short summary of each paper is given in Chapter 5,
followed by some thoughts on the future outlook in Chapter 6.

1BATS: http://www.bios.edu/research/projects/bats
2HOT: http://hahana.soest.hawaii.edu/hot/hot_jgofs.html
3ESTOC: http://www.eurosites.info/estoc.php
4MLOH: http://www.esrl.noaa.gov/gmd/ccgg/trends/
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Figure 1.1: Long-term trends of surface seawater partial pressure of CO2 (pCO2) (top)
and pH (bottom) at three subtropical ocean times series in the North Atlantic and North
Pacific Ocean, including (a) Bermuda Atlantic Time-series Study1 (BATS, 31◦40’N,
64◦10’W; green) from 1988 to 2010, including the nearby Hydrostation S from 1983
to 1988; (b) Hawaii Ocean Time-series2 (HOT) at Station ALOHA (A Long-term Olig-
otrophic Habitat Assessment; 22◦45’N, 158◦00’W; orange) from 1988 to 2010 and (c)
European Station for Time series in the OCean3 (ESTOC, 29◦10’N, 15◦30’W; blue)
from 1994 to 2010. Atmospheric pCO2 (25◦C, 1 atm, 100% humidity) from the Mauna
Loa Observatory Hawaii4 is shown in the top panel (black). Lines represent schematic
linear fits to the data. After Rhein et al. (2013).
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Chapter 2

The Marine Carbonate System

“Die Wasserstoffzahl des Meerwassers (pH) wird, nach den Ergebnissen der neueren
Untersuchungen über das Kohlensäuregleichgewicht im Meerwasser, fast ausschliesslich
von der Kohlensäure und den Karbonaten des Wassers bestimmt.”

Kurt Buch und Stina Gripenberg, J. Cons. int. Explor. Mer (1932)

The assessment of the global ocean carbon cycle is obviously a task of Herculean pro-
portions, where joint international collaborative efforts are necessary. The first com-
prehensive survey and collection of inorganic carbon in the open ocean was included
as part of the Geochemical Ocean Sections Study (GEOSECS) program, initiated in
1969 (Sabine et al., 2010). This led to several large, subsequent scientific expeditions
and programs such as the Transient Tracers in the Ocean (TTO) in the early 1980s, and
the World Ocean Circulation Experiment (WOCE) and Joint Global Ocean Flux Study
(JGOFS), with global ocean surveys completed by the end of the 1990s (Tanhua et al.,
2013). Since these programs, inorganic carbon measurements along repeat hydrography
sections have continued mainly within CLIVAR-CO2 (Climate Variabilty program) and
GO-SHIP (the Global Ocean Ship-based Hydrographic Investigations Program) (Tanhua
et al., 2013). Measurements are, e.g., also included in the International Study of Marine
Biogeochemical Cycles of Trace Elements and their Isotopes (GEOTRACES), with the
goal of generating a three-dimensional map of the concentrations of key trace elements
and isotopes in the world ocean by the year 2020.

In order to understand potential effects of the ocean uptake of anthropogenic CO2, ocean
acidification, natural variability and feedback potential of the marine carbon cycle, the
latter needs to be well constrained through direct and accurate evaluation. This was al-
ready recognized at the time of the WOCE/JGOFS CO2 surveys (Dickson, 2010) and led
to the synthesis of standard operating procedures (SOPs) in the Handbook of Methods
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The Marine Carbonate System

for the Analysis of the Various Parameters of the Carbon Dioxide System in Seawater
(DOE, 1994). This has since been replaced by the updated Guide to best practices for
ocean CO2 measurements (Dickson et al., 2007). Additionally, the Guide to best prac-
tices for ocean acidification research and data reporting (Riebesell et al., 2010) was
a result from the European Project on Ocean Acidification (EPOCA) for the growing
ocean acidification scientific community. The book CO2 in seawater: Equilibrium, ki-
netics, isotopes (Zeebe and Wolf-Gladrow, 2001) is also an important contribution and
is nowadays a standard reference in marine chemistry, covering many ascpects of the
marine carbonate system.

In the ocean and other natural waters, pH is largely controlled by CO2 through its
equilibrium with the atmosphere. In the atmosphere, CO2 exhibits a single chemical
form, whereas in seawater four inorganic carbon species are present: CO2(g), CO∗2(aq),
HCO−3 (aq), and CO2−

3 (aq), where

CO∗2(aq) = CO2(aq)+H2CO3(aq). (2.1)

The use of the CO∗2 species is, due to analytical difficulties in distinguishing CO2(aq)
from H2CO3(aq), defined by convention (Dickson et al., 2007). When gaseous CO2
dissolves and equilibrates with the large pool of dissolved CO2 in seawater, the following
equilibrium equations of the carbonate system hold:

CO2(g) ←→ CO2(aq), (2.2)
CO2(aq)+H2O ←→ H2CO3(aq), (2.3)

H2CO3(aq) ←→ H+(aq)+HCO−3 (aq), (2.4)
HCO−3 (aq) ←→ H+(aq)+CO2−

3 (aq). (2.5)

The hydration reaction in (2.3) is slow and most of the CO2 in seawater remains in
the physically dissolved state rather than in the combined form of true carbonic acid
(H2CO3(aq)). The phase state, i.e., the gas state (g) and aqueous state (aq), will prin-
cipally be omitted henceforth in the thesis for simplicity and the aqueous phase (aq)
should be assumed for all species if not specified explicitly. The equilibrium reactions
(2.2-2.5) simplify to:

CO∗2 +H2O ←→ H++HCO−3 K1 (2.6)
HCO−3 ←→ H++CO2−

3 K2 (2.7)

where K1 and K2 are equilibrium constants (see 2.13 and 2.14). They are referred to as
the first and second dissociation constants of carbonic acid, respectively. In the thermo-
dynamic equilibrium (2.2), the CO2 concentration is proportional to the partial pressure
of CO2 (pCO2; Section 2.4), and is given by Henry’s law:

CO∗2 = K0 ∗ pCO2 (2.8)
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Chapter 2

where K0 is Henry’s constant and, in this context, the solubility coefficient of CO2. To
account for the non-ideal behavior of CO2 in the seawater ionic medium, the fugacity
of CO2 ( f CO2) is normally used (see Section 2.4). However in this work henceforth,
pCO2 will be used in calculations and discussions. For the description of the carbonate
system in seawater, stoichiometric equilibrium constants, or stoichiometric dissociation
constants, or conditional stability constants, or concentration products are used, which
are related to concentrations rather than activities (Section 2.5).

The marine carbonate system can be determined from any two of the four1 analyti-
cally quantifiable parameters, total dissolved inorganic carbon (DIC), total alkalinity
(TA), pCO2, and pH, together with known values of stoichiometric acid-base dissoci-
ation constants and total concentrations. Simplified, the marine carbonate system can
be decribed by three mass balance equations (2.9-2.11) and five conditional stability
constants (2.12-2.16):

TA = [HCO−3 ]+2[CO2−
3 ]+ [B(OH)−4 ]+ [OH−]− [H+] (2.9)

DIC = [CO∗2]+ [HCO−3 ]+ [CO2−
3 ] (2.10)

TB = [B(OH)3]+ [B(OH)−4 ] (2.11)
K0 = [CO∗2]/pCO2 (2.12)
K∗1 = {H+}[HCO−3 ]/[CO∗2] (2.13)
K∗2 = {H+}[CO2−

3 ]/[HCO−3 ] (2.14)
K∗B = {H+}[B(OH)−4 ]/[B(OH)3] (2.15)
K∗W = {H+}[OH−] (2.16)

where {H+} indicates the dependency of pH scale in use and not the activity of the
hydrogen ion. See Section 2.2 for the full definition of TA and Section 2.3 for the
concept of pH scales. These eight equations have ten unkowns, provided all stability
constants and the total borate concentrations are known, and the carbonate system is
thus solvable if two of the four analytical parameters TA, DIC, pCO2, or pH are known.

Performing and interpreting CO2-related measurements in seawater were fundamental
parts of this thesis (Papers III, IV, and V) and in the following sections, the different
parameters of the carbonate system are described by their definitions and associated an-
alytical methods. For a more thorough description of the carbonate system chemistry
and analytical methods, the reader is referred to Zeebe and Wolf-Gladrow (2001), Dick-
son et al. (2007), and Grasshoff et al. (1999).

1Analytical methods for direct determination of CO2−
3 (aq) were recently developed (Byrne and Yao,

2008; Martz et al., 2009; Easley et al., 2012). Although not yet implemented in the SOPs, the methods
constitute important complements for studying the fundamental chemistry of the marine carbonate system
and its internal consistency, as well as the saturation state of metal carbonates.
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2.1 Total Dissolved Inorganic Carbon

DIC constitutes the basis of the carbonate system in seawater and is defined as the sum
of the concentrations of aqueous CO∗2, bicarbonate ion and carbonate ion

DIC = [CO∗2]+ [HCO−3 ]+ [CO2−
3 ] (2.17)

where the brackets represent concentrations, preferably in µmol kg−1 (Dyrssen and Sil-
lén, 1967). It should be noted that other abbreviations of DIC often appear in the lit-
erature (e.g., TCO2, ΣCO2, CT) and that their definition or meaning may differ slightly
from the analytical expression (Equation 2.17). The chemical speciation of the species
of DIC is governed by temperature, salinity, pressure, pH, and TA. At typical seawater
conditions (S = 35, T = 25◦C, pH = 8.1, DIC = 2000 µmol kg−1), the inorganic species
are distributed as [CO∗2] : [HCO−3 ] : [CO2−

3 ] ' 0.6% : 90% : 9.4%, which means that
bicarbonate dominates, followed by carbonate. Due to uptake of anthropogenic CO2
(COant

2 ) from the atmosphere, the measured DIC of a seawater sample is the sum of the
natural occuring amount (Cnat) that would be present irrespective of human emissions,
and the anthropogenic amount (Cant) taken up by the ocean from the atmosphere. Within
DIC, the fraction Cant cannot be analytically distinguished from Cnat (Section 3.1).

Analytical methods: DIC

DIC is typically determined by the acidification of a known mass of sample to a pH
where all the inorganic carbon species are converted to CO2. The CO2 is then extracted
by a carrier gas (typically N2 or He), dried, and quantified either by coulometry (John-
son et al., 1985, 1987, 1993), manometry (Dickson, 2010), or by non-dispersive in-
frared (NDIR) analysis (O’Sullivan and Millero, 1998; Kaltin et al., 2005). Systems
appropriate for field measurements of DIC, using liquid core waveguides and low power
spectrophotometers (Byrne et al., 2002; Wang et al., 2007; Liu et al., 2013), as well as
continuous surface measurements by isotope dilution (13C-labeled NaHCO3) and cavity
ring-down spectrometry (Huang et al., 2013), have also been developed.

In this work (Papers III-IV), DIC was quantified by coulometric titration according
to Johnson et al. (1985) using a modified SOMMA (Single-Operator Multiparameter
Metabolic Analyzer) system; MIDSOMMA (Much sImpler Designed than SOMMA;
Mintrop (2005)), a predecessor to the VINDTA 3C system (Versatile INstrument for the
Determination of Total Alkalinity, designed and built by Dr. Ludger Mintrop, MAR-
IANDA, Kiel, Germany), which is a commonly used shipboard instrumentation for de-
termining DIC and TA. The MIDSOMMA used in this work comprise of a seawater
sample extraction unit, a CO2 coulometer (Model 5012, UIC Inc., Joliet, IL, USA) and
an automated burette (Metrohm 415, Herisau, Switzerland). The instrument is controlled
by a PC running LabView software (National Instruments Inc., Austin, TX, USA).
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An accurately known volume of sample (~15 ml) is dispensed from a thermostated glass
pipette into a glass ’stripper’, which already contains ~0.5 ml of ~10% phosphoric acid
(H3PO4). The acidified sample is rapidly and quantitatively purged of CO2 by N2 gas
(flow rate ~150 ml min−1). The CO2 gas is carried through a condenser (~4◦C) to
remove water vapor. The N2-CO2 gas stream is subsequently introduced into ~100
ml cathode solution (platinum electrode) of the titration cell, which is separated from
the anode solution (silver electrode) by a ceramic frit. The cathode solution contains
dimethylsulfoxide (DMSO), ethanolamine and thymolphthalein indicator. The CO2 re-
acts quantitatively with the ethanolamine to form hydroxyethylcarbamic acid:

CO2 +HO(CH2)2NH2 −→ HO(CH2)2NHCOOH (2.18)

The weak acid formed in (2.18) partly dissociates, effectively decreasing the pH of the
solution:

HO(CH2)2NHCOOH←→ HO(CH2)2NHCOO−+H+ (2.19)

This results in a fading of the deep blue color of the thymolphtalein indicator, which is
photometrically detected by the coulometric setup, monitoring the transmittance of the
solution. Subsequently, the acid is coulometrically titrated by hydroxide ions (OH−)
generated at the cathode (2.20) that gradually restore the pH of the reagent solution
(2.21):

H2O+ e− ←→ OH−+½H2 (2.20)
HO(CH2)2NHCOOH+OH− ←→ HO(CH2)2NHCOO−+H2O (2.21)

In the anode solution (saturated potassium iodide (KI) DMSO solution), the silver elec-
trode is oxidized, producing electrons and silver ions (2.22), which subsequently form a
complex with the iodide ions (2.23):

Ag(s) −→ Ag++ e− (2.22)
Ag++2I− −→ AgI−2 (2.23)

Reactions (2.18-2.23) can be summarized by the overall reaction (Johnson et al., 1985):

Ag(s)+2I−+CO2 +HO(CH2)2NH2 −→ AgI−2 +½H2 +HO(CH2)2NHCOO− (2.24)

The titration current is integrated over the time required to restore the initial transmission
of the reagent solution. This integral of the current, i.e., the charge in coulombs, is
linearly related to the amount of CO2 absorbed by the cathode solution, after subtraction
of the integrated background current of the coulometer (the blank).

The accuracy is set by routine analysis of Certified Reference Materials (CRMs, pro-
vided by A.G. Dickson, Scripps Institution of Oceanography, La Jolla, CA, USA) and
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the precision is given by replicate analysis of samples. The precision or uncertainty
of this state-of-the-art coulometric method is often reported in the range of ±1-2 µmol
kg−1 (e.g., Johnson et al., 1993). This is the best case scenario when performing analy-
sis in the lab, although Dickson (2010) states uncertainties of 2-3 µmol kg−1, provided
the analysis has been ’performed by an experienced laboratory with well-trained ana-
lysts, and with a good quality assurance program in place’. It is not uncommon to find
similar uncertainties reported in the literature for shipboard work. However, shipboard
analysis is more sensitive to the environmental conditions (e.g., laboratory temperature)
and poorer quality can occasionally be expected (cf. Paper IV).

2.2 Total Alkalinity

Total alkalinity or titration alkalinity, often denoted TA or AT, is a non-trivial concept of
many different definitions and applications (e.g., Peng et al., 1987; Stumm and Morgan,
1996; Morel and Hering, 1993; Wolf-Gladrow et al., 2007; Dickson, 1981), but may es-
sentially be understood to represent the buffer capacity or charge balance of seawater. It
is of direct importance to the solution chemistry of DIC and the determination of the ma-
rine carbonate system. The currently most precise definition of TA was given by Dickson
(1981): “The total alkalinity of a natural water is thus defined as the number of moles
of hydrogen ion equivalent to the excess of proton acceptors (bases formed from weak
acids with a dissociation constant K ≤ 10−4.5, at 25◦C and zero ionic strength) over
proton donors (acids with K > 10−4.5) in one kilogram of sample”, and the following
expression is derived for the acid-base system in seawater:

TA = [HCO−3 ]+2[CO2−
3 ]+ [B(OH)−4 ]+ [OH−]+ [HPO2−

4 ]

+ 2[PO3−
4 ]+ [SiO(OH)−3 ]+ [NH3]+ [HS−]+ ...

− [H+]F− [HSO−4 ]− [HF]− [H3PO4]− ... (2.25)

where the ellipses represent unidentified or negligible dilute weak acid-base species.
[H+]F is the free concentration of hydrogen ion (see Section 2.3). The small contribu-
tions (usually < 1 µmol kg−1) from hydroxide, phosphate, silicate and other bases can
often be ignored in the open ocean (Anderson et al., 1999), whereas in regions, such as
the Baltic Sea (Paper I and V), of high nutrient concetrations (e.g., phosphate, ammonia,
and phosphates) or reduced compounds (sulfides), the full definition should be consid-
ered (Dickson, 1981). From (2.25), TA is defined as a measure of the proton deficit in
a solution with respect to a defined zero level of protons. For the carbonate species,
CO2 is chosen as the zero level of protons by convention (Wolf-Gladrow et al., 2007).
HCO−3 can accept one proton (level -1) with respect to CO2, whereas CO2−

3 can accept
two protons (level -2). The choice of a particular chemical species defines the zero level
of protons for a single set of related acid-base species. However, by specifying a single
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pK value, pKzlp, which applies for all acid-base systems as a dividing point, the chem-
ical species that dominates at pH = pKzlp, defines the zero level of protons. Acids with
pK ≤ pKzlp are proton donors and, consequently, bases formed from weak acids with
pK > pKzlp are proton acceptors. Conventionally, the choice of pKzlp = 4.5 by Dick-
son (1981) is used and it was chosen to correspond roughly to the pH of the alkalinity
titration end-point. The pKzlp = 4.5 is less than the pK1 of the carbonate system and
CO2 is thus the zero level of protons for carbonic acid. Furthermore, by choosing pKzlp
that is higher than those of hydrogen sulfate (pK = 2) and hydrogen fluoride (pK = 3.2),
they do not contribute to TA (Wolf-Gladrow et al., 2007). The balance between proton
acceptors and proton donors are denoted by the proton condition (2.26). It defines the
pH at which proton donors exactly balance the proton acceptors. The proton condition
is also referred to as the second equivalence point, determined from titration data:

[H+]F +[HSO−4 ]+ [HF]+ [H3PO4] = [HCO−3 ]+2[CO2−
3 ]+ [B(OH)−4 ]+ [OH−]+ [HPO2−

4 ]

+ 2[PO3−
4 ]+ [SiO(OH)−3 ]+ [NH3]+ [HS−] (2.26)

where the proton donors appear on the left-hand side and the proton acceptors on the
right-hand side.

Becuase the oceans are electrically neutral, the sum of dissolved charged constituents
needs to be charge balanced. Since the sum of the major cations (e.g., Na+, K+, Mg2+,
Ca2+) is not exactly balanced by the major anions (e.g., Cl−, SO2−

4 , Br−), TA defined
above must be identical to the charge imbalance between these major cations and anions.
Therefore, one may encounter TA to be alternatively defined as:

TA = [Na+]+2[Mg2+]+2[Ca2+]+ [K+]+2[Sr2+]+ ...

− [Cl−]−2[SO2−
4 ]− [Br−]− ... (2.27)

Wolf-Gladrow et al. (2007) presented the explicit conservative equation for total alkalin-
ity (TAec; Eq. (2.28), restating the two above definitions using only conservative terms,
i.e., terms that are not affected by variability of temperature, pressure or mixing pro-
cesses. As noted by Wolf-Gladrow et al. (2007), this is not a new definition of TA, but
rather an expression that is different from but equivalent to expressions (2.25 and 2.27).

TAec = [Na+]+2[Mg2+]+2[Ca2+]+ [K+]+2[Sr2+]+ ...

− [Cl−]−2[SO2−
4 ]− [Br−]− ...

− TPO4 +TNH3−2TSO4−THF−THNO2 (2.28)
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in which,

TPO4 = [H3PO4]+ [H2PO−4 ]+ [HPO2−
4 ]+ [PO3−

4 ]

TNH3 = [NH3]+ [NH+
4 ]

TSO4 = [SO2−
4 ]+ [HSO−4 ]

THF = [F−]+ [HF]

THNO2 = [NO−2 ]+ [HNO2]

This expression is useful for the interpretation of the effect of biogeochemical processes
on alkalinity compared to the expression (2.25). For example, TA does not change as
a result of air-sea exchange of CO2. From (2.25), it is not obvious that the sum of the
carbonate species stays constant during invasion of CO2 (although not included in the
definition), which decreases pH. However, invasion or release of CO2 does not affect
any concentration in TAec and TA thus stays constant.

Analytical methods: TA

There are various methods for measuring TA in seawater (see Byrne, 2014, and ref-
erences therein). The most frequently used method for measuring TA in seawater is
potentiometric titration, which involves stepwise additions of small aliquots of dilute
strong acid to a sample, observing the consequent change in the electromotive force
(emf; potential) of free protons, as measured by an electrochemical cell (a ’pH elec-
trode’). Simplified, first, added H+ are neutralized by the conversion of CO2−

3 to HCO−3
and as a result the measured decrease in pH (i.e., increase of [H+]) as inferred from the
measured emf is much less than the actual added amount of H+. A rapid drop in pH is
observed at the point where all CO2−

3 has been converted to HCO−3 , the first inflection
point on the titration curve, which is roughly equal to the first equivalence point. Next,
upon further additions, the added protons are neutralized by the conversion of HCO−3 to
CO∗2 until all HCO−3 is converted, at which point the pH again drops rapidly, the second
inflection point. The total amount of added H+ is now equal to [HCO−3 ] + 2[CO2−

3 ]
as initially present. As previously stated, this is somewhat simplified since other weak
acid-base species are present in seawater (Eq. 2.25) and different methods are used to
evaluate the final TA value from potentiometric titration data.

Various titration techniques are in use, with varying strengths and drawbacks with re-
spect to precision, accuracy, throughput, automation, sample size requirement, or whether
it is a closed-cell or open-cell titration (e.g., Dickson et al., 2007; Johansson and Wed-
borg, 1982). In this work (Papers III-IV), TA was determined by open-cell potentiomet-
ric titration with dilute acid (0.05 + 0.65 mol l−1 HCl and NaCl, respectively), according
to the setup of Haraldsson et al. (1997) and their non-modified Gran evaulation approach
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(see below). The sample is dispensed into a semi-open acrylic titration cell from a ther-
mostated pipette of known volume (~40 ml), after which it is constantly stirred. During
titration, the emf of free protons is measured by an electrochemical cell consisting of a
combination Ag/AgCl-pH glass electrode(s) (Orion 9102AP, Thermo Fischer Scientific,
Waltham, MA, US), which was quality tested by its Nernstian response. The instrument
setup is semi-automatic and is controlled by a PC running an executable, with code
written in PASCAL (by Dr. Conny Haraldsson; Haraldsson et al. (1997)).

The accuracy is, as for DIC, set by routine analysis of Certified Reference Materials
(CRMs, provided by A.G. Dickson, Scripps Institution of Oceanography, La Jolla, CA,
US) and the precision is given by replicate analysis of samples. The precision is typi-
cally better than ± 1-2 µmol kg−1, which is in accordance to the expected performance,
when implementing standard operating procedures (Dickson et al., 2007). Because ship-
board titrations require volumetric metering of a strong acid, shipboard TA precision is
typically worse than the precision of onshore TA measurements.

Evaluation of raw analytical titration data

Dyrssen (1965) first applied the Gran function method to calculate TA and DIC of sea-
water samples from potentiometric data. Gran functions (Gran, 1952, 1981) are used to
estimate v1 and v2; the volumes of acid added to reach the carbonate/bicarbonate and
bicarbonate/carbonic acid equivalence points. The TA can be determined directly from
v2, while DIC corresponds to the difference between v2 and v1. The simple Gran func-
tion method assumes that for v>v2, all H+ added forms free hydrogen ions. The mass
balance condition for H+ is then:

(v0 +v) = t(v−v2) for (v > v2) (2.29)

where v0 is the initial sample volume and t the concentration of the titrant. The measured
emf (E) for v>v2 is proportional to the excess of hydrogen ions and via the Nernst
equation the Gran function is given by:

F2 = (v0)10(E/59.16)
∝ (v−v2) (2.30)

where 59.16 (mV) is the Nernst slope at 25◦C (cf. Paper V). When plotting F2 against
v and if the above assumptions are true, F2 is linear and intersects the x-axis at the
equivalence volume. This method ignores the contribution of non-carbonate species.
Furthermore, only ranges of data points where the Gran function is linear can be used,
while points near the inflection points are omitted as a result of non-linear response.
Haraldsson et al. (1997) used a titration procedure with a five-point non-modified Gran
function, positioning the data points in such a way to minimize the contribution of side
reaction with sulfate and fluoride.
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Remembering the proton condition in Equation (2.26) for the second equivalence point,
one recognizes that the initial analytical total concentration of hydrogen ion (HTOT) in
the solution is the negative of the alkalinity (i.e., HTOT = −TA). HTOT can, at any point
in the titration, be described by the mass (m) and concentration of the acid (C), the initial
total amount of hydrogen ion (m0TA) and the total sample mass (m0 +m):

mC−m0TA
m0 +m

= [H+]F +[HSO−4 ]+ [HF]+ [H3PO4]− [HCO−3 ]−2[CO2−
3 ]− [B(OH)−4 ]− [OH−]

− [HPO2−
4 ]−2[PO3−

4 ]− [SiO(OH)−3 ]− [NH3]− [HS−] (2.31)

This equation is the basis for the two most common methods used to estimate TA (and
DIC) from potentiometric titration data. These are (i) the modified Gran function (F2’)
(Hansson and Jagner, 1973; Grasshoff et al., 1999) where Eq. (2.31) is rearranged to
a linear form and then fitted iteratively by least-squares and (ii) the use of a non-linear
least-squares approach that fits a model curve to the titration curve based on the exper-
imental parameters acid volume (Johansson and Wedborg, 1982) or the emf (Dickson,
1981; Dickson et al., 2007). In the latter approach, Equation (2.32) is used to define a
vector of residuals. The sum-of-squares of these residuales are minimized by adjusting
the four parameters: f , TA, DIC, and K1:

TA − DIC
(

K1 f [H′]+2K1K2

( f [H′])2 +K1 f [H′]+K1K2

)
−TB

(
1

1+( f [H′])/KB

)
− TP

(
K1PK2P f [H′]+2K1PK2PK3P− ( f [H′])3

( f [H′])3 +K1P( f [H′])2 +K1PK2P( f [H′])+K1PK2PK3P

)
− TSi

(
1

1+( f [H′])/KSi

)
−TNH3

(
1

1+( f [H′])/KNH3

)
− TH2S

(
1

1+( f [H′])/KH2S

)
−TS

(
1

1+KSZ/( f [H′])

)
− TF

(
1

1+KF/( f [H′])

)
+

(
m0 +m

m0

)(
f [H′]

Z
− Kw

f [H′]

)
− m

m0
C = 0 (2.32)

where f = [H+]/[H′] is a multiplier related to the initial estimates of E◦, and [H′] is
computed from an initial estimate of E◦ via the Nernst equation. The fitting routine thus
adjusts f , rather than adjusting the value of E◦ directly. A variety of software routines
are currently in use by the many research groups. Although most routines are based on
the same thermodynamic considerations and comparable mathematical methods, subtle
differences exist, mostly depending on the choice of dissociation constants for the non-
abundant ions. The development of a well-documented, flexible, multiplatform routine
for the calculation of TA from titrations results would be a significant benefit to the
community (van Heuven, 2013).

Since these methods are based on the ’standard’ chemical model of Equation (2.25), it
is assumed that the full acid-base system of the seawater sample analyzed is known, as
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well as the total concentrations, either measured or derived from salinity relationships,
and dissociation constants needed for the determination of the acid-base system. This
has shown to be an issue in, e.g., coastal waters rich in dissolved organic matter, which
include weak organic acids (see Chapter 3.2 and Paper V for further discussion). For
example, humic substances show a continuum of pK values in the pH range 2 to 10.
Inclusion of humic substances would therefore invalidate the assumption behind equa-
tion (2.25), that no proton exchange reactions are occurring in the region of the titration
endpoint at pH ≈ 4.5 (see Paper V).

2.3 pH

pH is an important property of seawater because it affects chemical and biochemical
properties such as chemical reactions, equilibrium conditions and biological toxicity
and availability of nutrients (Marion et al., 2011). More than forty elements in the peri-
odic table, found in seawater, are strongly influenced by pH with respect to hydrolyzed
species or carbonate complexes (Byrne, 2002). In fact, pH controls such a variety of pro-
cesses that pH is referred to as the master variable for physical and biological processes
in the ocean (e.g., Clayton et al., 1995; Millero, 1986). Despite the intense historic
and current research in pH of seawater, a universally accepted definition of pH for the
seawater ionic medium does not exist.

In dilute solutions, pH is defined as a function of the hydrogen ion activity (Bates, 1948;
Covington et al., 1985; Buck et al., 2002), where the activity of an ion is the effective
ion concentration, i.e., the concentration corrected for non-ideal behavior of the ion in
the presence of other charged particles (see Chapter 4).

pH =− log(aH) =− log
(mHγH

m◦

)
(2.33)

Here aH is the activity, γH is the molal activity coefficient at the molal concentration
of proton (mH) in solution, and m◦ is the standard molality (1 mol kg−1-H2O). The
activity of a single ion is however immeasurable since a single ion cannot be varied
independently in solution because electroneutrality is required. Instead, the International
Union of Pure and Applied Chemistry (IUPAC) established an operational definition, the
NBS1 pH scale (pHNBS or pHIUPAC). This scale is defined by a series of standard buffer
solutions with assigned pH values close to the best estimates of − log(aH), based on a
conventional division of salt activity, where the activity coefficient γH approaches unity
when mH approaches zero in pure water. Pure water buffers are, however, only valid
in low ionic media, and pH on the NBS scale is restricted to solutions where the ionic

1NBS: National Bureau of Standards), now NIST: National Institute of Standards and Technology
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strength is < 0.1 mol kg−1 (salinity ~5). At present, the NBS scale has mainly been
replaced by other pH scales proposed for use in seawater, based on concentration scales
(cf. Paper I). These are the free pH scale (pHF), the total (or Hansson) pH scale (pHT),
and the seawater pH scale (pHSWS), defined by (Waters and Millero, 2013):

pHF = − log
(mHF

m◦

)
(2.34)

pHT ≈ − log
(

mHF +mHSO4

m◦

)
(2.35)

pHSWS ≈ − log
(

mHF +mHSO4 +mHF

m◦

)
(2.36)

where the total (2.35) and seawater (2.36) scales are alternatively given by:

pHT = pHF− log
(1+mSO4/K∗HSO4

m◦

)
(2.37)

pHSWS = pHF− log
(1+mSO4/K∗HSO4

+mF/K∗HF

m◦

)
(2.38)

Here K∗HSO4
and K∗HF are the stoichiometric dissociation constants for the species HSO−4

and HF, and mSO4 and mF are the total molal concentrations of SO2−
4 and F− in solu-

tion. Conversion between the scales thus relies on K∗HSO4
(and K∗HF), which have been

determined (Dickson, 1990), although it is difficult to do it accurately in seawater (Dick-
son, 1984). Efforts are now being made at NIST for determining new accurate values of
K∗HSO4

in seawater. The difference between the total and seawater scales is rather small
(~0.01 pH units) because of the smaller concentration of HF than of HSO−4 in seawater.
In contrast, there is a large difference between the free scale and the other two scales
(~0.12 pH units) and it is thus of utmost importance to define and report which pH scale
that is being used (Zeebe and Wolf-Gladrow, 2001). Still, after 30 years of intense re-
search on pH in seawater by the marine chemistry community, I stand humble before the
statement by Dickson (1984); “The field of pH scales ... in sea water is one of the more
confused areas of marine chemistry.”

Analytical methods: pH

Many different analytical methods have been developed for pH measurements in seawa-
ter using, e.g., potentiometry (Dickson et al., 2007; Martz et al., 2010), spectrophotom-
etry (Clayton and Byrne, 1993; Dickson et al., 2007; Carter et al., 2013), fluorometry
(Hakonen et al., 2013), and photometry (Yang et al., 2014). Despite the lack of a stan-
dard definition, the pH of seawater is traceable to the emf of HCl in artificial seawater
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solutions including the buffer 2-amino-2-hydroxymethyl-1,3-propanediol (Tris) (Hans-
son, 1973; Pratt, 2014), measured using reference hydrogen and silver-silver chloride
electrodes (Khoo et al., 1977; Dickson, 1990; Campbell et al., 1993). As the pH of
real seawater solutions cannot be directly measured with a hydrogen electrode, due to
interference caused by interactions between F− and Br− with Ag+ of the reference elec-
trode, the artificial seawater Tris buffer solutions (not including F− or Br−) are used
as standards for the standard operating procedures of potentiometric and spectroscopic
determination of pH in seawater (Waters, 2012).

In this work (Papers III-IV), pH was determined spectrophotometrically (Agilent 8453)
using the sulfonephthalein dye, m-cresol purple (mCP), as colorimetric indicator (Clay-
ton and Byrne, 1993). The indicator exists as three acid-base species, H2I, HI−, I2−,
each having a unique color and molar absorptivity. In solutions with pH typical of sea-
water, the reaction of interest is the second dissociation:

HI−←→ I2−+H+ (2.39)

The ratio of the deprotonated and protonated species are related to the wavelength ab-
sorbance ratio (R) and the molar absorptivity (εi) ratios (ei):

I2−

HI−
=

R− e1

e2−Re3
(2.40)

where R is the ratio of absorbance at the wavelength 578 nm and 434 nm, and e1, e2,
e3 are mCP molar absorptivity ratios equal to e1 =578 εHI/434εHI, e2 =578 εI/434εHI,
e3 =434 εI/434εHI at the specified wavelengths. The pH on the total scale is calculated
as:

pHT = pK2 + log
(

R− e1

e2−Re3

)
(2.41)

where pK2 is on the total scale and is a function of temperature and salinity (Clayton and
Byrne, 1993). Physical-chemical characterizations have been made of other colorimetric
indicators where, in addition to mCP, thymol blue is suitable for typical pH of seawater
(Zhang and Byrne, 1996), cresol red is suitable for more acidic seawater (Patsavas et al.,
2013a), and bromocresol purple and phenol red are applicable in determining freshwater
pH (Yao and Byrne, 2001).

The current setup is based on the absorption ratio of the indicator at wavelengths 434,
578, and 730 nm (background correction) using a 1-cm flow cuvette. Each run consists
of three steps; i) rinsing of tubing and cuvette with sample (5 ml) ii) sample blank (25
mL) and iii) sample run (20 ml) including indicator (0.5 ml). The sample is pumped
and mixed using a Kloehn pump. Sample temperature is measured after the cuvette.
The magnitude of the perturbation of seawater pH caused by the addition of indicator
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solution is calculated and corrected for using the method described in Chierici et al.
(1999). The instrument is controlled by a PC running a LabView program (Fransson
et al., 2013).

The overall precision from duplicate sample analysis was ±0.0004 pH units within this
work, similar to previous demonstrations (Liu et al., 2011; Clayton and Byrne, 1993).
The accuracy is mainly set by the accuracy in the temperature measurements and the
determination of the equilibrium constants of the indicator, and has been reported to
be of the order of ±0.002 units (Dickson, 1993). Recently, it has been shown that the
bulk mCP indicators contain impurities, which can significantly affect the accuracy de-
pending on brand and batch (Liu et al., 2011; Patsavas et al., 2013b). Unfortunately,
non-purified mCP was used in this work. Purified indicators will, however, be imple-
mented in future work.

2.4 The Partial Pressure or Fugacity of CO2

According to Dalton’s law, the total pressure of an ideal gas mixture is equal to the
sum of the partial pressures of all component gases (Körtzinger, 1999; Zeebe and Wolf-
Gladrow, 2001). The partial pressure of component i is defined as the product of its
mole fraction xi and the total pressure p of a gas mixture containing k components:

pi = pxi = p
ni

k

∑
j=1

n j

(2.42)

where ni is the number of moles of component i. The atmospheric CO2 content is com-
monly reported as the mole fraction in dry air, xCO2, since the partial pressure of CO2
(pCO2) depends on the total pressure and the water vapor pressure. The pCO2 assigned
a seawater sample more accurately denotes the partial pressure in a gas phase that is in
equilibrium with the sample. The air equilibrated with the seawater is assumed to be at
100% humidity and the pCO2 is related to the mole fraction by:

pCO2 = xCO2(p− pH2O) (2.43)

where pH2O (atm) is the saturation vapor pressure of water (Weiss and Price, 1980).
In dry air and at 1 atm total pressure, the pCO2 thus eqauls the xCO2. Partial pressure
is, however, a concept for ideal gases. Since CO2 is a non-ideal, or real gas, it is more
appropriate to use the fugacity, which corrects for non-ideal behavior (see Chapter 4).
The fugacity (µatm) can be calculated from its partial pressure (Körtzinger, 1999; Zeebe
and Wolf-Gladrow, 2001):

f CO2 = pCO2 exp
(

p
B+2δ

RT

)
(2.44)
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where R is the gas constant, T is the absolute temperature, and B and δ are the virial
coefficients of CO2 (Weiss, 1974). In seawater, however, the correction for the non-
ideal behavior of the gas in solution ( f CO2) is generally less than 3 µatm (Pierrot et al.,
2009), or 3-4h smaller than the pCO2 (Zeebe and Wolf-Gladrow, 2001), and the partial
pressure will henceforth be used in this thesis.

Analytical methods: pCO2

Discrete measurements of pCO2 (Wanninkhof and Thoning, 1993) have nowadays mostly
been replaced by continuous surface seawater analysis. Generally, equilibrator instru-
ments are used, in which a constant stream of seawater is allowed to exchange CO2
with a relatively small amount of recirculated air in a gas headspace. An infrared gas
analyzer is used to determine the mixing ratio of CO2 in the air stream, which is propor-
tional to the pCO2 of the seawater when the proper corrections for air pressure, mois-
ture content and temperature are taken into account (van Heuven, 2013). In this work
(Paper III), surface seawater pCO2 data was used which was measured underway by a
General Oceanics system (GO8050) with a non-dispersive infrared (NDIR) CO2 sensor
(LI-COR® 7000). Calibration was performed several times per day against a series of
4 standard gases. The pCO2 data were processed according to Pierrot et al. (2009) and
SOCAT1 approved methods (Pfeil et al., 2013) and the overall uncertainty was estimated
to ±2 ppm.

2.5 Internal Consistency of the Carbonate System

If more than two of the four analytical parameters of the carbonate system are deter-
mined, the system is over-determined since it is possible to calculate any of the mea-
sured parameters from the other parameters. This allows one to examine the internal
consistency, or apparent accuracy, of the measurements and is a common approach to
examine the reliability of field measurements (Lamb et al., 2001; Millero, 2007, Papers
III-IV). Depending on the combination of input parameters, different uncertainties are
expected for different combinations with respect to the target parameter. For example,
the input of pH-pCO2 gives the largest errors in the calculated values of TA and DIC.
For all combinations of input parameters, the probable uncertainties due to experimen-
tal errors in the calculated parameters are approximately in the the range of ±2-20 µmol
kg−1,±3-20 µmol kg−1,±2-6 µatm, and±0.0025-0.0060 units for TA, DIC, pCO2, and
pH, respectively (Millero, 2007). Added to these are uncertainties in the stoichiometric
dissociation constants, since they are derived from experimental data, fitted as a function

1Surface Ocean CO2 Atlas; http://www.socat.info
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of salinity and temperature. Input of TA-DIC also has a relatively high associated error
and can lead to calculated values of pCO2 up to 30% undersaturation (Hoppe et al.,
2012). Parts of this large error can be attributed to the high uncertainty in K∗2 (Millero,
2007). The uncertainty has been suggested to be related to the interactions of boric acid
with the carbonate ion. Investigations have shown that small additions of boric acid lead
to a decrease in K∗2 in seawater, whereas addition of larger concentrations of boric acid
lead to an increase in K∗2 (Bustos-Serrano, 2010; Mojica Prieto and Millero, 2002). Dis-
solved organic carbon (DOC) has also been suggested to have an effect on the K∗2 value,
but has, as of yet, not shown any obvious correlations (Bustos-Serrano, 2010). However,
the propagation of the error associated with K∗2 may not be enough to fully explain un-
dersaturations of the magnitude as given above (Hoppe et al., 2012). In order to achieve
high accuracy in the calculated CO2 parameters, calculations should preferably be made
with pH-DIC (Byrne, 2014).

Despite the larger relative error introduced in the calculated pH and pCO2, DIC and
TA are recommended for ship-based surveys when only two of the carbon parameters
are measured (Orr et al., 2009). This recommendation is largely because of the CRM
program for ocean CO2 measurements (Dickson et al., 2003), where the periodic analy-
sis of a CRM allows for the assessment of the accuracy for DIC and TA measurements
(Waters, 2012). Furthermore, TA and DIC are state variables in biogeochemical mod-
elling due to their conservative behavior. It is recommended to always overdetermine
the marine carbonate system by measuring more than two parameters.

Several sets of the dissociation constants of carbonic acid (K∗1 and K∗2) are available.
These are based on measurements in both artificial and real seawater, on different pH
scales, as well as over different range of salinity and temperature. Care should therefore
be taken when choosing constants depending on the user’s intended application. For
example, in estuarine or low salinity coastal waters the constants by Millero et al. (2006)
(Paper I) and Millero (2010) should represent the most appropriate choices due to their
salinity range. The latter is a compilation and refit of earlier measurements of K∗1 and K∗2
from Mehrbach et al. (1973); Mojica Prieto and Millero (2002); Millero et al. (2006)
given on different pH scales, with the fit forced though measurements of the pure water
(thermodynamic) constants (Harned and Scholes, 1941; Harned and Bonner, 1945). In
cold polar waters (Papers III-IV), the constants of Roy et al. (1993) and Mehrbach et al.
(1973) refitted by Dickson and Millero (1987) typically provide the best estimations.
Calculations of the carbonate system also rely on the standard mean composition of
sea salt to be conservative with respect to changes in salinity. The total boron/borate
concentration, for example, is derived from salinity (Uppström, 1974) and has recently
been updated for oceanic waters (Lee et al., 2010). However, while these relationships
apply in most oceanic waters, deviations from these universal relationships are to be
expected in estuarine systems, such as the Baltic Sea (Dyrssen and Uppström, 1974;
Kremling, 1970; Gripenberg, 1960).

20



Chapter 2

There are many freely available software packages for determining the carbonate sys-
tem (Table 2.1). The most common package is CO2SYS and the MATLAB version
(Van Heuven et al., 2011) was used in this work (Papers III-IV), as well as AquaEnv
(Hofmann et al., 2010, Paper I). Although all packages are based on the same thermody-
namic relationships, small differences (sub-micromolar) exist in the calculated param-
eters between the different packages (Orr et al., 2014). These minor differences are,
although important to resolve, of minor importance for the practical user considering
the analytical uncertaines (Zeebe, 2014). The different packages may also differ in the
availability of dissociation constants and input-output parameters.

Table 2.1: Carbonate system software packages. Modified and updated from Orr et al.
(2014).

Package Language Reference

CO2SYSa DOS Lewis and Wallace (1998)

CO2SYSb Excel/VBA Pelletier et al. (2007)

CO2SYSa Excel/VBA Pierrot et al. (2006)

CO2SYSa MATLAB Van Heuven et al. (2011)

CO2calcc VBA/iOS Robbins et al. (2010)

csysd MATLAB Zeebe and Wolf-Gladrow (2001)

ODVe C++/GUI∗ Schlitzer (2002)

mocsy f Fortran 95/Python∗ Orr and Epitalon (2014)

seacarbg R Lavigne and Gattuso (2011)

swco2h Excel/VBA Hunter (2007); Mosley et al. (2010)

AquaEnvi R Hofmann et al. (2010)
a http://cdiac.ornl.gov/oceans/co2rprt.html
b http://envsci.rutgers.edu/r̃einfelder/aquaticnotes/co2sys.xls
c http://pubs.usgs.gov/of/2010/1280/
d http://www.soest.hawaii.edu/oceanography/faculty/zeebe_files/CO2_System_in_Seawater/csys.html
e http://odv.awi.de; ∗Embedded function in Ocean Data View
f http://ocmip5.ipsl.jussieu.fr/mocsy; ∗Python callable
g http://cran.r-project.org/web/packages/seacarb
h http://http://neon.otago.ac.nz/research/mfc/people/keith_hunter/software/swco2/
i http://http://cran.r-project.org/web/packages/AquaEnv/
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Biogeochemical Processes

“In küstennahem Wasser, wo man durch die Süsswasserzufuhr mit Einmen-
gung von Humus- oder anderen organischen vielleicht auch unorganischen
pH beeinflussenden Stoffen rechnen kann, ist es vorgekommen, dass das
System versagt hat. In diesem Falle muss die experimentelle Bestimmung
der Titrationsalkalinität durch eine Bestimmung des Totalkohlensäurege-
haltes ersetzt werden.”

Kurt Buch, Das Kohlensäure Gleichgewichtsystem im Meerwasser (1951)

The erosion, or weathering, of terrestrial sedimentary and igneous rock provides the
ocean with dissolved constituents via the vast river systems and catchment areas. Among
these dissolved components are all the constituents of sea salt (in fact all elements in the
periodic table except the short-lived synthetic radioisotopes), including dissolved inor-
ganic carbon and the non-carbonate acid-base species of total alkalinity. The observed
concentrations of these constituents in the ocean is determined by the relative rates of
the riverine input and the removal to the sediment and burial in sediments deposits of the
ocean floor (Broecker, 1971). The balance between these source and sink terms, and the
continuous circulation of the ocean, result in a fairly homogeneous average composition
of the dissolved constituents in seawater. However, several processes contribute to sig-
nificant alterations to this uniform distribution. Within the ocean, carbon is transported
by three different mechanisms (e.g., Rhein et al., 2013): (1) the ’solubility pump’, (2)
the ’biological pump’, and (3) the ’marine carbonate pump’.

The solubility pump (alternatively referred to as the physical pump or the gas-exchange
pump) denotes the physico-chemical process driven by the salinity and temperature de-
pendent solubility of CO2. When surface waters cool, more CO2 can dissolve causing
undersaturation with respect to the atmosphere, upon which a net flux of CO2 from the
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atmosphere may take place. At high latitudes, this mechanism is notable in the forma-
tion of deep water when warm surface waters are cooled to near-freezing temperatures,
resulting in enrichment of DIC in these cool deep waters. The rate of exchange of CO2
across air-sea interface is governed by the concentrations difference of CO2 between the
ocean and the atmospehre. The air-sea flux of CO2 (F , in mol m−2 s−1) is commonly
expressed as the product of the gas transfer velocity (k, in m s−1), the solubility con-
stant of CO2 (K∗0, in mol m−3 atm−1), and the difference of the partial pressure of CO2
between ocean and atmosphere (pCO2, in µatm):

F = kK∗o(pCOsea
2 − pCOatm

2 ) (3.1)

The gas transfer velocity k is approximated as a function of wind speed, with stronger
winds facilitating higher gas exchange due to, e.g., enhanced turbulence and bubble
formation. Various empirical wind-speed parameterizations of k are available, which
generally differ at high wind speed (Wanninkhof et al., 2009, and references therein).
This as yet unresolved variation in definitions leads to substantial uncertainty in the
estimation of CO2-fluxes (e.g., Sweeney et al., 2007). In polar regions, the gas transfer
velocity may be strongly reduced by the variable presence of sea ice (Ito et al., 2004,
Paper III). Since the atmospheric CO2 content is fairly constant on short time scales, one
may say that it is the seawater pCO2 that mainly drives the flux, or processes that affect
the surface pCO2.

The increase of atmospheric anthropogenic CO2 leads to an increased net flux of CO2
from the atmosphere into the ocean. As direct consequence of the consumption of car-
bonate ions (protonated to bicarbonate) by addition of CO2 is that the uptake capacity
of additional CO2 decreases (estimated by the Revelle factor). This process may be ex-
pected to become the primary cause of the gradual decrease of the oceanic sink strength,
together with ocean warming and biologically driven feedbacks (van Heuven, 2013).

The biological pump (alternatively referred to as the soft-tissue pump) is the ocean’s bi-
ologically driven uptake and physical transport of CO2 from the atmosphere to the deep
ocean (e.g., Sarmiento and Gruber, 2006). Based on measurements of the composition
of phytoplankton in the ocean, the traditional stoichiometric formula for the composition
of marine phytoplankton organic matter is (Redfield et al., 1963):

106CO2 +16HNO3 +H3PO4 +122H2O
Photosynthesis−−−−−−−−⇀↽−−−−−−−−

Respiration
(CH2O)106(NH3)16H3PO4 +138O2 (3.2)

and denotes the production (or, reversely, remineralization) of photosynthesising organ-
isms that utilise light, nutrients, and trace elements for their growth and the conver-
sion of inorganic carbon into organic carbon. The stoichiometric ratios of C:N:P:O2 of
106:16:1:-138 are termed Redfield(-Ketchum-Richards; RKR) ratios. The ratios have
regularly seen minor revisions over the last decades (e.g., Anderson and Sarmiento,
1994; Körtzinger et al., 2001; Takahashi et al., 1985; Sterner et al., 2008), but the
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concept of proportionality has proved remarkably valid in different water masses and
regions over longer time scales. As is seen from reaction (3.2), CO2 is consumed dur-
ing photosynthesis, which causes pCO2 to decrease and also lowers DIC, but increases
pH. Loss of CO2 does not change TA, as previously mentioned. However, the uptake
of nutrients by the organisms has a slight effect on TA due to the requirement of elec-
troneutrality. Simplified, uptake of a negatively charged species must be compensated
by release of a positively charged species (e.g., H+), or the reverse (see Wolf-Gladrow
et al., 2007). Since photosynthesis lowers the pCO2 of the surface waters, it has the
potential to increase the uptake of CO2 from the atmosphere.

Some of the organic matter will be remineralized in the photic zone during photosyn-
thesis and carbon and nutrients will again be available for the primary producers. The
recycling is promoted by zooplankton grazing of the phytoplankton. The fecal pellets
of the zooplankton and the dead phytoplankton join the pool of sinking detritus. While
sinking, the detritus will be mineralized and carbon and nutrients will recycle to the dis-
solved inorganic state in the deeper layers. This carbon pool is, generally, unavailable
for new primary production due to insufficient light conditions. Furthermore, zooplank-
ton migrate to large depths, especially during winter, where they respire. All these
processes involved in sedimentation result in carbon being transported from the surface
further down the water column.

The marine carbonate pump is generated by the formation of calcareous shells of certain
oceanic microorganisms in the surface ocean, which after sinking to depth, are reminer-
alized back into DIC and calcium ions. The carbonate pump operates counter to the
marine biological soft-tissue pump with respect to its effect on CO2. Simplified, in the
formation of calcareous shells, two bicarbonate ions are split into one carbonate and
one dissolved CO2 molecule, which increases the pCO2 in surface waters. Only a small
fraction of the carbon exported by the latter two pumps from the surface reaches the sea
floor where it can be stored in sediments for millennia and longer (Denman et al., 2007).

Biogeochemical processes of qualitative and quantitative importance during carbon cy-
cling are tightly coupled to the redox state of the environment and are therefore often
classified as oxidation-reduction (redox) reactions. The organic matter (reductant) is ox-
idized by an electron acceptor (oxidant). In waters with oxic conditions, the preferred
electron acceptor is molecular oxygen (O2). In shallow coastal ecosystems, a substan-
tial fraction of organic material produced in the photic zone reaches the sediment surface
(Berelson et al., 1996), while in the deep parts of the ocean up to 99% of the organic ma-
terial exported from the surface is remineralized in the water column (Suess, 1980). The
large amount of organic matter reaching the sediment in coastal environments is often
associated with high rates of oxygen consumption. As oxygen is depleted, microorgan-
isms switch to a succession of alternative electron acceptors (diagenetic sequence; Table
3.1) in order of decreasing themodynamic advantage which depends on the free energy
(∆G◦) of the reaction.
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Table 3.1: The diagenetic sequence of reactions that oxidize organic matter (CH2O) in
marine environments. Reactions are listed in order of decreasing yield of free energy
(∆G◦) during standard state. ∆G◦ values are in kJ mol−1 CH2O. After Berner (1980).

Pathway Reaction ∆G◦

Oxygen respiration CH2O + O2 −→ CO2 + H2O -475

Denitrification CH2O + 4
5 NO−3 −→

4
5 HCO−3 + 1

5 CO2 + 2
5 N2 + 3

5 H2O -448

Manganese(IV) reduction CH2O + 3CO2 + H2O + 2MnO2 −→ 2Mn2+ + 4HCO−3 -349

Iron(III) reduction CH2O + 7CO2 + 4Fe(OH)3 −→ 4 Fe2+ + 8HCO−3 + 3H2O -114

Sulphate reduction CH2O + 1
4 SO2−

4 −→
1
2 H2S + HCO−3 -77

Which of the processes that control carbon transformations under the wide suite of en-
vironmental conditions, as well as what kind of microorganisms that mediate these re-
actions, mainly rely on the availability and balance between oxidants and reductants.
Concentrations of reactants provide the fundamental base for the thermodynamic state
of the environment and thus the energy balance of reactions.

Various aspects of the above processes were investigated in more detail in this thesis.
In the central Arctic Ocean, the anthropogenic carbon inventory was investigated from
six expeditions between 1991-2011 (Paper IV), as well as the spatial variability of net
community production from the latter expedition, using different approaches (Paper III).
In the Baltic Sea, the coupling of biogeochemical processes and pH was investigated
from historic measurements under contrasting redox conditions (Paper I). Additionally,
the contribution of excess ’organic alkalinity’ to total alkalinity in the Baltic Sea was
studied using a humic ion-binding chemical speciation modelling approach (Paper VI).

3.1 The Arctic Ocean

Arctic Ocean Characteristics

The central Arctic Ocean (Figure 3.1) is divided into the Eurasian and Canadian (or
Amerasian) Basins by the Lomonosov Ridge that stretches between the surrounding
continents. The Eurasian Basin includes the Amundsen Basin and the Nansen Basin,
with the Gakkel Ridge rising in between, while the Alpha and Mendeleev Ridge subdi-
vides the Canadian Basin into the Makarov and Canada Basins (Rudels et al., 2012). The
ridges direct currents and restrict deep water exchange between the basins (Björk et al.,
2010). The central basins are surrounded by shallow shelf seas which constitutes ~50%
of the total area (Jakobsson et al., 2003). They are mainly located on the Siberian side,
with the deepest being the Barents Sea with an average depth of ~200 m and the larger
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part being shallower than 50 m. There are two main inflows of seawater, of Pacific and

Figure 3.1: General mean circulation in the Arctic Ocean together with the dominating
rivers entering this domain. Surface currents are illustrated by red, pink, and light blue
colors, while deep currents are illustrated by dark blue and purple colors. Modified after
Rudels et al. (1994).

Atlantic origin, to the Arctic Ocean. The Pacific water enters through the Bering Strait
into the Chukchi Sea. Through the Chukchi Sea, the Pacific water is diverted into an
eastward flow north of Alaska and one north into the central Arctic Ocean. These wa-
ters flow east along the continental margin and exit through the Canadian Archipelago
and the Western Fram Strait (Jones et al., 1998). There is also a westerly flow into the

26



Chapter 3

East Siberian Sea, where it mixes with other waters before it eventually enters the deep
central basins.

Warm Atlantic water enters the Arctic Ocean through the Fram Strait and the Barents
Sea. The Fram Strait branch is supplied by the West Spitsbergen Current (WSC), where
a fraction, the Fram Strait branch water (FSBW), flows eastward along the Eurasian con-
tinental slope forming a boundary current (Rudels et al., 2012). The Barents Sea branch
water (BSBW) is modified by cooling from heat loss to the atmosphere and freshened
by sea-ice melt water during summer and brine addition from sea ice production in win-
ter, as well as mixing with the Norwegian Coastal Current (Gascard et al., 2004). Part
of Barents Sea branch enters the Arctic Ocean through St. Anna Trough, at a depth
that corresponds to its density and then follows the circulation pattern of the Fram Strait
branch. Part of the Barents Sea branch also crosses the Kara Sea, while mixing with
freshwater from Ob and Yenisey Rivers, and continues into the Laptev Sea (Anderson
et al., 1994). Confluence of the BSBW and FSBW takes place east of the St. Anna
Trough and is characterized by considerable mixing (Walsh et al., 2007). The contri-
butions of the two Atlantic branches to the boundary current are of similar magnitude,
but a substantial fraction of the FSBW is diverted into the interior of the Nansen Basin
(Aksenov et al., 2010).

The submarine ridges influence the boundary flow producing complex systems of basin-
wide gyres (Schauer et al., 1999), with mainly BSBW in the Amundsen Basin and
over the Lomonosov Ridge and largely FSBW over the Gakkel Ridge and the north-
ern Nansen Basin (Rudels et al., 2012). An important bifurcation of the boundary cur-
rent takes place north of the Laptev Sea, where one part flows along the Lomonosov
Ridge towards Greenland while the other continues into the Canadian Basin (Schauer
et al., 1999). The boundary current within the Canadian Basin splits at each topographic
feature that it encounters before it eventually recrosses the Lomonosov Ridge north of
Greenland. The interior of the Canada and Makarov Basins are filled with water of more
or less Atlantic origin from the halocline and deeper (Rudels et al., 2012), as well as Pa-
cific influenced shelf water, e.g., of Chukchi and East Siberian Sea origin in the surface
and upper halocline (Smethie et al., 2000).

The water circulation of the Arctic Ocean below the halocline is largely topographically
driven, with cyclonic circulation within the four deep basins; the Nansen, Amundsen,
Canada and Makarov Basins (Rudels et al., 1994). The surface water circulation pattern
is divided into two major regimes; one large anti-cyclonic circulation in the Canada and
Makarov Basins, i.e., the Beaufort Gyre, and one more direct flow of water from the
Siberian Shelf region towards Fram Strait via the Nansen and Amundsen Basins, i.e.,
the Transpolar Drift (Jones et al., 1998). The boundary between these two circulation
patterns varies with time and is determined by the large-scale atmospheric pressure field
(e.g., Bourgain et al., 2013).
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The central Arctic Ocean is largely ice covered all year long and the shelves are sea-
sonally ice covered. In spring, the melting of sea ice on the shelves, together with a
peak of freshwater from the rivers, creates a well-mixed surface layer, forming a strong
halocline. The strong halocline largely caps the warm and more saline Atlantic water
(Karcher and Oberhuber, 2002), preventing the large reservoir of heat to melt sea ice,
with exception for the southern Nansen Basin (Korhonen et al., 2013). In autumn, brine
release by sea ice formation triggers convection which leads to a homogeneous winter
mixed layer. This layer has a depth that varies from more than 100 m north of the Bar-
ents Sea where the Atlantic water enters the deep Arctic Ocean, to less than 50 m in
the central regions (Rudels et al., 1996, Paper III). Dense water production is essentially
related to either modification of Atlantic waters on the shelves (Årthun et al., 2011),
or intense brine release during ice formation, above all, in coastal polynyas (Dethleff ,
2010). Subsequent shelf-slope convection and entrainment renew the intermediate and
deep layers of the Arctic Ocean (Anderson et al., 1999).

The central Arctic Ocean: a biological desert?

There are two possible main drivers for uptake of atmospheric CO2 in the central Arctic
Ocean, one being that the surface waters that enters from surrounding seas have low
pCO2 as a result of cooling and primary production before entering, and the other being
local primary production. For the latter, it is important for the sequestration of CO2 that
the produced organic matter sediments out of the winter surface mixed layer so it is not
mixed back into the summer surface mixed layer the next season.

The Arctic shelf seas include areas of high primary production, high air-sea fluxes of
CO2 and deep water formation, e.g., in the Barents and Chukchi Seas (McGuire et al.,
2009). While some of the shelf seas act as CO2 sinks, e.g., the Barents Sea supplies
the Arctic Ocean with approximately one third of the atmospheric uptake (Fransson
et al., 2001), other regions experience high loads of organic matter from river runoff,
which when remineralized, become sources of CO2 to the atmosphere (Anderson et al.,
2009). In contrast, the role of the central Arctic Ocean in carbon sequestration is still
somewhat controversial. An early view was that the central Arctic Ocean is one of the
most unproductive regions in the world, due primarily to the ice cover and lack of light
during the long polar winter (Cai et al., 2010a). In the last decade, however, primary
production levels assigned to the Arctic Ocean has increased considerably as spatial
and temporal sampling have improved (Matrai et al., 2013). Generally, it is difficult to
obtain reasonably constrained estimates of the primary production due to the regional
heterogeniety, the strong seasonal changes, the poor quality of much of the data, and
the limited access to the central Arctic Ocean. Nevertheless, considering the full Arctic
Ocean system, including the vast shelf areas, the Arctic primary production rivals the
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range that can be found in the rest of the world ocean (Sakshaug, 2004; Codispoti et al.,
2005; Hill and Cota, 2005, Table 3.2).

Table 3.2: Annual primary production estimates (g C m−2 yr−1) selected from Sakshaug
(2004). Modified after Codispoti et al. (2013).

Region Total PP New PP

Central Deep Arctic Oceana >11 <1
Arctic Shelf Seas (average)b 32 1
Beaufort Sea 30-70 7-17
Barents Sea <20-200 <8-100
Bering Sea >230 -
Canadian Arctic 20-40 5-10
Chukchi Sea 20 to >400 5 to >160
a Amerasian and Eurasian Basins.
b Average for the Barents and its north slope, and the White, Kara, Laptev, East Siberian,
Chukchi, Beaufort, and Lincoln Seas, the North East Water Polynya, and the North Water Polynya.

Spring and summer have long been recognized as periods of high biological productivity
on most Arctic Ocean shelves, driving both pelagic (e.g., Barents Shelf) and benthic
(e.g., Chukchi Shelf) food webs (Reigstad et al., 2002; Grebmeier et al., 2006). In
comparison, the central Arctic Ocean basins supports much less production, but is far
from the biological desert suggested decades ago (Hill et al., 2013; Gosselin et al., 1997;
Boetius et al., 2013, Paper III).

Export of organic carbon from the surface layer depends on, among other things, the net
community production (NCP). NCP is the difference between gross primary production
and the community’s combined auto- and heterotrophic respiration. Since storage of
organic carbon in the mixed layer is likely to be modest with respect to NCP over large
spatial and temporal scales, NCP approximates carbon export production (Falkowski
et al., 2003). Remembering the statement by Dickson (1984) in Section 2.3 regarding
the different pH scales, the concept of different biological production terms may need
some further clarification.

Primary production is distinguished as either gross or net primary production (GPP and
NPP, respectively). GPP is the overall production, or chemical energy produced, by pri-
mary producers. Some of this energy is used by the primary producers for their cellular
respiration. The difference between GPP and the primary producers’ own respiration is
referred to as NPP and this remaining organic carbon is available for heterotrophs (e.g.,
Lindeman, 1942; Falkowski et al., 2003). Furthermore, from NPP, new production is
based on nutrients (mainly nitrogen-based) that are supplied from outside the euphotic
zone, by upwelling, mixing of nutrient-rich water, or input from rivers. Additionally,
regenerative production is based on almost immediate uptake of nutrients released by
organisms within the euphotic zone (Sakshaug, 2004; Dugdale and Goering, 1967).
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The fraction of total production accounted for by new production is refered to as the
f -ratio, which can be calculated either in terms of new and regenerated nitrogen uptake
or in terms of carbon uptake (Falkowski et al., 2003; Codispoti et al., 2013). Stated
differently, NCP is the difference between NPP and heterotrophic respiration (cf. above
definition).

All of the presented production terms above are operationally defined and there are var-
ious methods for estimating primary production in the ocean. Techniques for daily pro-
ductivity estimates typically rely on in vitro incubations using isotope tracers (e.g., 14C,
15NO3, 15NH4, 18O2), where the productivity is estimated from rates of assimilation
or evolution of these over a certain time period (e.g., Williams, 1993). Depending on
the type of production estimated (e.g., GPP, NPP, NCP), different or the same methods
have been used. This may result in some difficulties in obtaining unambiguous estimates
(Codispoti et al., 2013, and references therein). Generally, for any given system the in-
equality GPP ≥ NPP ≥ NCP should apply (Codispoti et al., 2013). Seasonal NCP is
commonly estimated from draw-down of dissolved inorganic matter (nitrate, phosphate,
DIC), as the difference between summer concentrations in the surface mixed layer and
winter surface water concentrations, either by using seasonal data or by inferring winter
concentrations from summer profiles (e.g., Mathis et al., 2010; Jennings et al., 1984;
Bates, 2006, Paper III).

In Paper III, NCP was estimated during the late summer cruise ARK-XXVI/3 TransArc
(Trans-Arctic Survey of the Arctic Ocean in Transition) with the R/V Polarstern to the
central Arctic Ocean between 5 August - 7 October, 2011. In this study, several ap-
proaches were exploited using (i) continuous measurements of surface water oxygen to
argon ratios (O2/Ar), (ii) underway measurements of surface pCO2, (iii) discrete sam-
ples of DIC, and (iv) of nutrients (nitrate and phosphate). The results show very high
productivity in the marginal ice zone (MIZ) north of Franz Josef Land and Severnaya
Zemlya. During periods of sea ice melt, the margins are generally areas of increased
biological activity. Conditions are favourable as a result of a stabilized vertically mixed
water column leading to sufficient light conditions (e.g., Perrette et al., 2011).

Low values of late summer NCP was found in the sea-ice covered deep basins, with a
strong spatial variability in NCP depending on region. Lowest values (even negative)
were found in the Amundsen Basin. Moderate NCP were observed in the Nansen and
Makarov Basins, with slightly higher estimates over the Mendeleev Ridge (see Figure
5 in Paper III). Overall, the results are comparable to the reported values in the recent
synthesis by Codispoti et al. (2013) of nitrate and phosphate based estimates of seasonal
NCP in the Artic Ocean system (Table 3.3).

However, important differences in methodology exist. The estimates by Codispoti et al.
(2013) are based on compilations of discrete nutrient samples from different years, or-
ganizing the data in 100 x 100 km grid cells, and arbitrarily chosen integration depths
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Table 3.3: Estimates of seasonal NCP and annual primary production in the Arctic
Ocean system selected from Codispoti et al. (2013).

Sub-region NCPa NCPb PPc PPd PP (deep)e

(g C m−2) (Tg C a−1) (Tg C a−1) (Tg C a−1) (Tg C a−1)

Bering Sea 100 (50-200) 54 135 69 134
Chukchi Southern 70 (40-120) 37 124 26 80
Chukchi Northern 10 (5-20) 6 32 1 1
Barents Sea 40 (30-50) 76 190 106 212
Canadian Archipelago 35 (20-50) 47 116 24 93
Nordic Seas 30 (25-30) 52 131 162 308
Beaufort Southern 15 (10-30) 4 15 2 2
Beaufort Northern 1 (0.5-5) 1 5 1 1
ESS + Laptev Sea 15 (5-30) 12 47 20 20
Kara Sea 15 (5-30) 13 47 17 16
Arctic Basin f 119 1 1
Eurasian Basin 15 (5-25) 22 54
Amerasian Basin 3 (0.5-5) 7 65
a Codispoti et al. (2013), best estimate with ranges given in parantheses
b Codispoti et al. (2013), up-scaled using sub-region area
c Codispoti et al. (2013), PP using f -ratio and up-scaled NCP
d Hill et al. (2013), integrated PP within surface mixed layer
e Hill et al. (2013), integrated PP including depths below surface mixed layer
f sum of Eurasian and Amerasian Basins due to different sub-region division between studies

depending on the basins. In Paper III, draw-down of phosphate and nitrate was also used,
although a slightly different approach was applied, using assumed winter concentrations
found at the depth of the winter mixed layer as inferred from summer CTD profiles.
The resulting integration depth is, however, generally of similar scale to the choice of
Codispoti et al. (2013) for the different basins. Although each of the various methods
is associated with uncertainties of similar and different types, the NCP estimates are
constrained by the overall agreement between the methods.

High-resolution measurements, although only applicable in the uppermost surface layer,
add important details of the spatial variability in productivity as seen within the different
basins. For example, an intriguing ’hotspot’, with respect to biological activity, was seen
during the crossing of a shallow seamount at the Gakkel Ridge (Figure 3.2). This feature
was not evident from discrete sampling.

While certain shelf seas respond to the shrinking ice cover with increased primary pro-
duction (Wang et al., 2005) and export production (Lalande et al., 2009), others do not
(Reigstad et al., 2011). The processes on the shelves cannot easily be extrapolated to the
deep Arctic Ocean. Nonetheless, potential sequestration of carbon follows in the wake
of shrinking sea ice cover due to changes in primary production, although this is highly
uncertain and will depend on future light availability, stratification, nutrient supply and
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Figure 3.2: Biological oxygen supersaturation along the crossing of a shallow seamount
(~600 m) at the Gakkel Ridge (left). The colors represent an approximate range of 0-
15%, where red is towards higher values. View of the seamount of gridded bathymetry
from the IBCAO v3 compilation and the actual multibeam track (right, Jakobsson et al.,
2012), which can also be seen in the left figure.

planktonic communities. An increased export production will be reflected in the deep
water properties by a build up of the concentrations of nutrients and DIC, as well as a
decrease in oxygen concentration through microbial remineralization.

The central Arctic Ocean: a sink of anthropogenic CO2?

In order to predict the future oceanic carbon sink and ultimately the climate evolution,
it is necessary to comprehend the absorption rate of anthropogenic CO2 (Cant uptake) as
well as how and where Cant is distributed within the ocean (Cant inventory) (Sabine and
Tanhua, 2010). These processes are governed by the physical and chemical responses
to rising atmospheric CO2. Biological processes within the ocean mediate the natural
distribution of carbon, but there is no clear evidence that they affect Cant uptake and
storage so far (Sabine and Tanhua, 2010).

There is relatively little information about the inventory and uptake rate of anthropogenic
CO2 in the Arctic Ocean (Tanhua et al., 2013). This is mainly due to the fact that
the Arctic Ocean is heavily under-sampled with respect to the carbon cycle and the
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scarcity of carbonate system data from which to determine anthropogenic inventory and
uptake rates. As a result, the Arctic Ocean has not typically been considered in the
global estimates of anthropogenic CO2 (e.g., Sabine et al., 2004; Khatiwala et al., 2013).
However, in Paper IV, it is clearly demonstrated that the Cant that has been taken up from
the atmosphere in the Atlantic Ocean is added to the intermediate waters of the central
Arctic Ocean. The earliest estimate of Cant inventory in the Arctic Ocean was 1.35 ±
0.12 Pg C (Anderson et al., 1998), this in relation to the estimated global ocean inventory
of 155 ± 31 Pg C (±20% uncertainty) (Khatiwala et al., 2013).

Cant uptake from the atmosphere and oceanic Cant storage are two measures of the
oceanic carbon cycle that are closely related to each other, and ultimately equal if the
net uptake is integrated over sufficient time and space. Nevertheless, it is of importance
to separate between the two as oceanic circulation may transport anthropogenic carbon
that has been absorbed from the atmosphere in one place to store it in another region
(Anderson and Olsen, 2002, Paper IV).

There are different techniques for estimating Cant uptake and Cant inventory, of which the
latter uses ocean interior measurements (Table 3.4). Changes in Cant inventory are com-
monly determined utilizing either regression-based methods or transient tracers (e.g.,
Sabine and Tanhua, 2010; Thacker, 2012; van Heuven, 2013, cf. Paper IV).

Table 3.4: A selection of techniques available for the calculation of Cant, or the increase
therein (∆Cant), in the ocean. Modified after van Heuven (2013).

Technique Reference Required measurements

Determining Cant
C0

T Brewer (1978); Chen and Millero (1979) O2, DIC, TA
∆C∗ Gruber et al. (1996) O2, DIC, TA, transient tracer
TTD Hall et al. (2002) transient tracer
TrOCA Touratier and Goyet (2004a,b) O2, DIC, TA
TSS Tanhua et al. (2007) ∆Cant (see below)
Determining ∆Cant
change in DIC van Heuven (2013) DIC
change in C0

T Peng et al. (1998) O2, DIC, TA
MLR Wallace (1995) O2, DIC, TA, nutrients
eMLR Friis et al. (2005) O2, DIC, TA, nutrients
TSR van Heuven (2013) O2, DIC, TA, nutrients

The idea behind the two first techniques in Table 3.4 (C0
T and ∆C∗), is to subtract the

pre-industrial value of DIC from the measured DIC, which contains both the natural and
anthropogenic part. Corrections have to be made for the decay of biological soft parts
and dissolution of metal carbonates, which both increase DIC. This requires knowledge
of the carbonate system parameters, oxygen saturation, nutrients, and the use of the
Redfield ratio. Since pre-industrial values of the the carbonate system parameters cannot
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be measured, they have to be estimated. Other techniques, such as the Transit Time
Distribution (TTD; Table 3.4), uses transient tracers, e.g., chlorofluorocarbons (CFCs),
to estimate the age of the water mass. All techniques have their inherent assumptions
and drawbacks. Larger studies often include several techniques, where applicable, to
get a range of the estimates (e.g., Khatiwala et al., 2013). Vázquez-Rodríguez et al.
(2009) compared five techniques in the Antlantic Ocean between 60◦N-40◦S and found
similar spatial distributions and magnitude of Cant, with discrepancies particularly in the
Southern Ocean and Nordic Seas.

3.2 The Baltic Sea

Baltic Sea Characteristics

The Baltic Sea is a semi-enclosed sea, connected only to the oceanic waters of the North
Sea through the shallow and narrow Danish straits (including Øresund). The Baltic Sea
is characterized by a limited water exchange (see below), large input of river runoff
and low salinity water. Bathymetric constraints, such as sills or horizontal contrac-
tions, divide the Baltic Sea into several sub-basins, where the larger ones, from north to
south, are the Bothnian Bay, Bothnian Sea, Gulf of Finland, Gulf of Riga, Baltic Proper,
Bornholm Basin, and the Arkona Basin, prior to the Danish straits and followed by the
Kattegat and Skagerak (Figure 3.3). The average depth of the Baltic Sea is 55 m and
the maximum depth of 460 m is found at the Landsort Deep, followed by the Gotland
Deep (250 m). The Baltic ’seawater’ is brackish due to large river discharges, which
drive the large-scale estuarine circulation, with strong vertical salinity dependent strat-
ification in the southern parts of the system. The largest river runoff is delivered to the
Gulf of Bothnia, the Gulf of Finland, and the Gulf of Riga. Combined, these discharges
are estimated to make up 70% of the total volume of freshwater delivered to the sys-
tem. The Baltic drainage area is more than four times greater than the sea area (Kuliński
and Pempkowiak, 2012). In the central Baltic Sea (Baltic Proper), the surface salinity
is around 7, whereas bottom waters typically have salinity around 13. The surface and
bottom layers are divided by a permanent halocline at ~60 m depth. In the shallower
northern basins, the water mass is more easily mixed due to a weaker vertical salinity
gradient. The Baltic Sea has a horizontal salinity gradient from the more saline surface
waters of the Skagerak (20-25), to the extreme of Gulf of Bothnia in the north (2-4). In
spring and summer, a seasonal thermocline develops, while during winter the surface
layer is well mixed above the halocline. As a result of high primary productivity and
large river discharge, concentrations of dissolved organic carbon in the Baltic Sea are
three to five times higher than those in the open ocean (Kuliński and Pempkowiak, 2008;
Kuliński et al., 2011).
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Figure 3.3: Left figure shows a bathymetric map of the Baltic Sea down to 200 m (mod-
ified after Edman (2013)). The monitoring station BY15 is indicated (open circle) in the
Gotland Deep (250 m). Right figure shows total alkalinity versus salinity with overlain
oxygen concentrations (data between 1911-2003, Hjalmarsson et al. (2008)). Lines in-
dicate the schematic mixing regimes. Inset shows the distribution of sampling locations
of the data (adapted after Hjalmarsson et al. (2008)).

There are both baroclinic and barotropic inflows to the Baltic Sea, where the former is
driven by density gradients and the latter is driven by differences in sea level between
Kattegat and the southern Baltic Sea. The barotropic inflows are responsible for the
main water exhange of the deep water. Sea level differences are highly variable, which
is reflected in the frequency and magnitude of the barotropic inflows. These inflows
come as pulses of water of various salinity, temperature, and volume, which determine
how far and how deep into the Baltic Sea the inflowing water reaches. Minor inflows are
relatively frequent and contribute to the ventilation of the upper water masses. Renewal
of deep water are infrequent and the two most recent large inflows were in 1993 and
2003 (Paper I). Between major inflows, the deep water becomes stagnant and depleted in
oxygen, resulting in anoxic and euxinic (sulfidic) conditions below 100-150 m. Hypoxia,
here defined as oxygen concentrations less than 2 mg l−1 (125 µmol l

−1, or sometimes
defined as 2 ml l−1; 90 µmol l

−1), has expanded from less than 10 000 km2 before 1950
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to >60 000 km2 since 2000. This is attributed to enhanced nutrient inputs from land and
atmosphere (HELCOM, 2013) as well as by the stronger stratification and an upward
movement of the halocline in the water column (Carstensen et al., 2014).

The Baltic carbonate system

Extensive investigations of the Baltic Sea have been performed for more than 100 years,
resulting in long time series of hydrographic data, e.g., at the Gotland Deep (Fonselius
and Valderrama, 2003). At the beginning only salinity (as chlorinity), temperature and
dissolved oxygen were measured and one or two expeditions were carried out annu-
ally, mostly in summer. In the 1920s, alkalinity and pH were occasionally measured
and are the two parameters of the carbonate system that are being measured today. Na-
tional and joint environmental monitoring programs of the surrounding countries of the
Baltic Sea have been employed, based on the HELCOM Monitoring and Assessment
Strategy1. The Swedish Meteorological and Hydrological Institute (SMHI) is the na-
tional data host, appointed by the Swedish Agency for Marine and Water Management,
where hydrographic data are freely available. As a result of analytical developments
and implementations of new methods for TA and pH, the more recent data are deemed
more reliable. For example, potentiometric measurements of pHNBS have been stated to
be of sufficient high quality from 1993 and onwards. Efforts are now being made for
implementing spectrophotometric methods for the determination of pH in the national
monitoring program (see Section 2.3).

The relationship between TA and salinity is a fairly linear function in most oceanic wa-
ters. In the Baltic Sea, different or deviating relationships are observed (Figure 3.3). This
is a result of long-term large river discharge from drainage basins of different geological
composition. Rivers that enter the southern part of the Baltic Sea are rich in limestone,
i.e., have higher TA than rivers that enter in the northern part, where granite dominates
the bedrock of the drainage basins (e.g., Hjalmarsson et al., 2008), adding less buffer
capacity. Generally, TA decreases linearly with respect to salinity from the North Sea
via the straits to the central Baltic Sea. The Gulf of Riga has extremely high TA with
respect to salinity, whereas the Gulf of Finland and the Bothnian Bay and Sea experi-
ence seemingly lower TA than what is expected from the North Sea mixing line (Figure
3.3). The notion of ’excess alkalinity’ is a well-known concept for the Baltic Sea, which
also applies to the higher calcium concentrations with respect to salinity (Dyrssen, 1993;
Gripenberg, 1937; Kremling, 1970). The horizontal distribution of surface TA also re-
flects the distribution of DIC. Recently (2008-2009), extensive measurements of DIC
and TA were performed in all of the major basins (Beldowski et al., 2010). From these,

1HELCOM; Baltic Marine Environment Protection Commission - Helsinki Commission,
http://www.helcom.fi
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it was concluded that surface water DIC is mainly controlled by TA where the biologi-
cally induced modulation of the TA-controlled DIC distribution was relatively small in
the surface layer.

As in most oceans, the surface water pCO2 shows a distinct seasonality with extremely
low values (100-150 µatm), whereas the oversaturation observed during autumn/winter
is more moderate (Schneider et al., 2014). The pCO2 drops below the atmospheric
value with the development of a shallow thermocline and the concurrent onset of the
production period in March/April and remains undersaturated with respect to the atmo-
sphere until September/October when cooling and increasing winds cause a deepening
of the mixed layer (Schneider et al., 2014). Two distinct pCO2 minima in May and
July indicate the spring phytoplankton bloom and the large bloom of nitrogen fixing
cyanobacteria, respectively (Schneider et al., 2009).

Similarly to the oceans, the largest carbon resources in the Baltic Sea are present as
DIC, followed by DOC. The amount of carbon that is exported from, and imported to,
the Baltic depends mainly on the volume of flowing water, which is highly variable (e.g.,
Omstedt et al., 2004). Thomas et al. (2005) estimated the net carbon export to 14 Tg C
annually. This is in contrast to Hjalmarsson et al. (2010), who estimated the net export to
5.5 Tg C based on seasonal data and model volume transport. Scandinavian rivers have
been suggested to supply the Baltic Sea with 0.12 Tg C annually, whereas continental
rivers provide a substantially larger annual supply of 4.9 Tg C (Thomas et al., 2003).
Estimates of carbon deposition on the sediments vary by region, and 1.7 Tg C yr−1 have
been suggested for the Baltic Proper (Kuliński and Pempkowiak, 2012), whereas 1.1 Tg
C yr−1 have been suggested for the Gulf of Bothnia based on total organic carbon (TOC)
accumulation rates in the uppermost sediment layers (Algesten et al., 2006). For the deep
basins, it has been suggested that the accumulation rate of TOC has increased two- to
three-fold during the several last decades (Emeis et al., 2000). It has been estimated that
the Gulf of Bothnia annually releases 3.6-3.8 Tg C in the form of CO2 to the atmosphere
(Algesten et al., 2004, 2006). In contrast, the other parts of the Baltic Sea are considered
to absorb atmospheric CO2 (Ohlson, 1991; Thomas and Schneider, 1999; Kuss et al.,
2006). Ohlson (1991) estimated the average annual atmospheric CO2 uptake to 13.2 g
C m−2, which is similar to more recent estimates Thomas and Schneider (1999).

In the deep water layers the effect of remineralization of organic matter on DIC concen-
tration is large and DIC is accumulating during long-lasting stagnation periods and large
input of organic matter (Beldowski et al., 2010, Paper I). The progressive remineraliza-
tion of organic matter, together with the generally low buffer capacity in low salinity
waters, results in a low but fairly constant pH environment (Paper I). Although oxygen
and sulfate are the major electron acceptors in the central deep basins (Paper I), other
electron acceptors, such as manganese and iron oxides, are likely to be important con-
tributors in the remineralization of organic matter, especially at the oxic-anoxic interface
(Yakushev et al., 2007; Schneider et al., 2010; Jost et al., 2010). It has been estimated
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that only 10% of the particulate organic matter collected at the sediment surface was
derived from the overlying water column (Schneider et al., 2002). The remaining 90%
was suggested to enter the deeper part of the basin by near-bottom transport, which also
has been suggested by others (Schneider et al., 2010; Almroth-Rosell et al., 2011, Paper
I). This organic matter is partly allochthonous with a terrestrial origin. Recent budget
calculations for organic carbon indicate that of the total allochthonous organic carbon
supplied to the system, on average 56% is remineralized, 36% is exported out of the
system, and the remainder is buried (Gustafsson et al., 2014).

During stagnant periods, TA increases due to the formation of hydrogen sulfide. The
suboxic and anoxic deepwaters are also suggested to be a significant source for humic
substances (but not total organic carbon) (Skoog et al., 2011). It is a challenge to make
accurate measurements of TA in anoxic waters due to the presence of hydrogen sulfide
(Paper I) and humic substances (Paper V). Fluorescence measurements indicate sub-
stantial concentrations of humic substances in most major basins, with a significant part
being derived from terrestrial sources (Skoog et al., 2011). Kuliński et al. (2014) re-
cently reported measurements of ’excess organic alkalinity’ on the order of ~30 µmol
kg−1 in the surface waters of the Baltic Sea. In Paper V, these titration alkalinity data
were re-evaluated and modelled using a humic model approach and it was found that the
reported organic alkalinity could be explained by humic substances in the form of fulvic
acid. Due to the general difficulties in measuring TA in coastal waters that are rich in
organic matter, it is recommended to measure DIC (and pH) instead. This was already
pointed out by Buch (1951).
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Ionic Interactions

“Lärljungen får intet grepp om vad som orsakar avvikelserna från massverkans
lag i icke-ideala system, t. ex. starka lösningar. Kanske får han veta, att man i
sådana fall ersätter koncentrationerna med något som kallas för aktiviteter, men
de definieras ej; förklaringen att man inför dem »för att det ska stämma» är inte
särskilt tillfredställande och väcker lätt misstanken att något slags fusk föreligger.”

Lars Gunnar Sillén, Särtryck ur Elementa (1942)

Equilibrium solution chemistry is the study of the distribution between species at equi-
librium, while thermodynamics is the study of the content and flows of energy. Accord-
ing to the concepts of equilibrium thermodynamics, a component present in a closed
system in a thermodynamically unstable state will progress to the equilibrium state of
minimum free energy. The equilibrium condition is described by an equilibrium con-
stant K, e.g.,

HCO−3 ←→ H++CO2−
3 (4.1)

K = [H+][CO2−
3 ]/[HCO−3 ] (4.2)

At constant temperature and pressure, the energy content of a closed system is given by
the Gibbs free energy G:

G = H−T S (4.3)

where H is the enthalpy, T is the absolute temperature and S is the entropy. In practice
we are concerned with changes in free energy:

∆G = ∆H−T ∆S (4.4)

Chemical equilibrium in a given system is attained when its free energy G is at minimum.
The free energy change associated with a reversible chemical reaction is related to the
equilibrium constant K:

∆G =−RT lnK (4.5)
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where R is the gas constant. In natural waters, however, a number of effects might pre-
vent the attainment of equilibrium. The real system is open to a flux of matter, and
the throughput might be faster than the rate of conversion to more stable forms. Ad-
ditionally, reactions can be extremely slow, such that equilibrium will not be reached
over a foreseeable period of time. Many natural chemical processes are dominated by
the slow precipitation or dissolution of solid phases. However, there are numerous ho-
mogeneous reactions in natural waters proceeding at rates that are very rapid compared
to the residence times of the reacting components. Under these circumstances, equi-
librium thermodynamics, which strictly only applies to closed systems, can be used to
good approximation (Clegg and Whitfield, 1991). The importance of kinetic and bio-
logical factors to the chemistry of natural waters can to certain extent be assessed by
equilibrium models, which provide clearly defined ’base lines’.

A quantitative understanding of the equilibrium solution chemistry of natural waters
such as seawater ultimately relies on accurate estimations of activity coefficients of all
the various components that make up the solution. The seawater ionic medium is a mixed
electrolyte consisting of 11 major dissolved components (Na+, Mg2+, Ca2+, K+, Sr2+,
Cl−, SO2−

4 , Br−, F−, HCO−3 , B(OH)3) that make up >99.95% of the total dissolved con-
stituents (Clegg and Whitfield, 1991). This medium corresponds to a non-ideal solution
characterized by strong and weak electrostatic interactions between the different con-
stituent ions in solution. Modelling the thermodynamics of the seawater ionic medium
requires calculation of solute activity coefficients (γ) and the osmotic coefficient (φ), the
latter being a function of the activity of water, aw.

The theory of ionic solutions is based on the thermodynamics of gases. An ideal gas
obeys Boyle’s law and there are no specific interactions between the gas atoms or molecules.
The concept of chemical potential arises from the need to consider changes in the free
energies of individual chemical species, not just the system as a whole. Just as for free
energy, we focus on differences in chemical potential, which is achieved by defining
chemical potential with reference to a standard state. For a gas, the standard state is a
pressure of 1 atmosphere, so that the chemical potential µ for an ideal gas is

µ = µ0 +RT lnP (4.6)

where µ0 is the chemical potential at the standard state. From Section 2.4, the composi-
tion of a gas mixture can be expressed as partial pressures pi or mole fractions xi. If the
mixture consists of ideal gases, then for each component i we can write

µi = µ0
i +RT ln pi (4.7)

This direct dependence between chemical potential (free energy) and partial pressure is
true only for ideal gases. Non-ideal gases (such as CO2) do not follow Boyle’s law and
therefore the relationship between partial pressure and chemical potential does not hold.
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Instead, the property fugacity, f , is defined, which follows the same form of equation
for chemical potential

µi = µ0
i +RT ln fi (4.8)

Similarly for aqueous solutions, the chemical potential cannot be directly related to
chemical composition. Instead the activity (a) is defined, analogous to fugacity in the
gas phase. Generally, the activity of a constituent i is given by

ai =
fi

f 0
i
≈ pi

p0
(4.9)

where fi is the fugacity, f 0
i is the fugacity in the standard state, and the pi values are the

partial pressures. For all constituents, the activity (ai) is equal to unity in the standard
state and for a gas, the standard state is where the fugacity ( fi) is equal to unity. Further-
more, for a solvent such as water or a solid phase such as a mineral, the standard state
is the pure substance. The activity of a dissolved constituent, ai, is related to the solute
activity coefficient γi by (Pitzer, 1995):

ai = γimi (4.10)

where mi is the molality (mol kg−1-H2O). For solutes, the standard state occurs at infinite
dilution, where ai/mi = 1 as mi→ 0, i.e., when yi→ 1. The activity of the ith constituent
is related to the chemical potential µi by

µi = µ◦i +RT ln(ai) = µ◦i +RT ln(γimi), (4.11)

In practical terms, the chemical potential can be considered as a chemical species’ free
energy per mole. At constant temperature and pressure, the chemical potential is identi-
cal to the partial molal (or molar) Gibbs free energy Ḡi:

µi = Ḡi =

(
δG
δni

)
T,P,n j 6=i

, (4.12)

where the subscripts denote which state variables are held constant and j 6= i means that
the amounts of all constituents other than i are held constant. The excess Gibbs energy
(Gex) is defined as the difference between the actual Gibbs energy (G) and that of an
ideal solution (Gid):

Gex(T,P,ni) = G(T,P,ni)−Gid(T,P,ni) (4.13)

The three terms, from left to right, are related to γi, ai, and mi of Equation (4.10), respec-
tively. The activity coefficient and the osmotic coefficient measure the degree to which
solute concentrations and the activity of water depart from ideal solutions, respectively.
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Since solutions are rarely ideal, much effort has been put into the development of models
for estimating γi and φ. An early model based on statistical mechanics, which became
a milestone in the exploration of electrolyte solutions, was developed by Debye and
Hückel (1923). Their equations are:

ln(γi) =−3Aφz2
i Ii/2 (4.14)

and

1−φ =
2AφI3/2

∑mi
(4.15)

where zi is the ionic charge, Aφ is the product of several fundamental constants and is
given by:

Aφ =
1
3

(
2πNAdw

1000

)1/2( e2

εkT

)3/2

(4.16)

where NA is the Avogadro constant, dw is the solvent density, e is the electronic charge, ε

is the dielectric constant, k is the Boltzmann constant, and T is the absolute temperature.
At 25◦C, Aφ = 0.3915 (Pitzer, 1995). The ionic strength (I) is defined by (Lewis and
Randall, 1921):

I =
1
2 ∑miz2

i (4.17)

or in relation to salinity (e.g., Dickson et al., 2007):

I =
19.924S

1000−1.005S
(4.18)

Oceanic waters of salinity 35 have an ionic strength of ~0.72 mol kg−1, which is con-
siderably higher compared to surface waters of the Baltic Sea (~0.14). The osmotic
coefficient (φ) is related to the activity of water (aw) through:

aw = exp

(
−φ∑mi

55.50844

)
(4.19)

where the constant in the denominator is equal to 1000/Mw, where Mw is the molecular
weight of water.

The theory of Debye-Hückel is normally presented as the limiting and extended limiting
law, or the extended Davies equation:

log10 γ± =



−A|z+z−|
√

I I < 0.005

−A|z+z−|
√

I
1+aB

√
I

I < 0.1

−A|z+z−|

( √
I

1+
√

I
−0.2I

)
I < 0.5

(4.20)
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where z is the integer charge of the ions, a is the empirical size of effective diameter of
the ion in Ångström, and A and B are constants2. For the Davies equation, the second
term (0.2I) is an empirical derivation and there are different values given in the literature
(~0.15 - 0.33). The range of ionic strengths for which the Davies equation is suggested
to be valid differs significantly in the literature (e.g., Stumm and Morgan, 1996; Davies,
1962; Millero and Schreiber, 1982).

Calculations of chemical potentials and modelling of chemical speciation in seawater
currently use either Pitzer equations (e.g., Clegg and Whitfield, 1991; Marion et al.,
2011) or an ion-pairing approach (e.g., Turner et al., 1981; Dickson and Whitfield, 1981).

4.1 Ion-pairing Models

The ion-pairing model, or the ion-association model, is one of the most popular methods
to account for the ionic interactions in natural waters and was originally developed by
Bjerrum (1926). The concept of the ion pairing model is based on the assumption that a
fraction of anion-cation couples lose their electrolytic properties when their coulombic
attraction is strong (Dickson and Whitfield, 1981). This model is based on the arbitrary
assumption made by Bjerrum (1926) that two ions of opposite charge could be consid-
ered as forming a new species (an ion pair) if the distance between them is less than the
value q given by

q =
z+z−e
2DkT

(4.21)

where zi is the charge of the ion i, e is is the electrostatic charge, D is the dielectric
constant of pure water, k is the Boltzmann constant and T is the absolute temperature.
Garrels and Thompson (1962) were the first to use the Bjerrum hypothesis to calculate
single-ion activity coefficients in seawater. In this model, the activity coefficient of each
solute species is assumed to depend only on ionic strength. The activity of a free ion (ai)
is given by

ai = [i]FγF(i) (4.22)

where [i]F is the concentration and γF(i) is the activity coefficient of the free or uncom-
plexed species i. The activity is also related to the total concentration [i]T and activity
coefficient γT(i) by

ai = [i]TγT(i) (4.23)

Therefore, the total activity coefficient is given by the following relationship:

γT(i) =
(
[i]F
[i]T

)
γF(i) = αiγF(i) (4.24)

2A = 1.82 ·106(εT )3/2 and B = 50.3(εT )−1/2 (Stumm and Morgan, 1996)
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Free ions and ion pairs are considered to be in chemical equilibrium:

M++X−←→MX (4.25)

which is characterized by an association constant K∗MX given by:

K∗MX = [MX]/[M+][X−] (4.26)
K∗MX = KMX[γF(M)γF(X)/γF(MX)] (4.27)

where KMX is the thermodynamic constant in pure water, K∗MX is the stoichiometric
constant and γF(i) is the free activity coefficients of species i. The free ion activity
coefficients are usually estimated from Cl− and K+ salts using the MacInnes convention
(MacInnes, 1919), where γK = γCl at every ionic strength. The total concentrations of M
and X are given by

[M]T = [M]F +∑[MX] (4.28)

[X]T = [X]F +∑[MX] (4.29)

where ∑[MX] is the sum of all the various ion pairs in the solution. By combining these
equations with Equation (4.24), the following expressions are derived

αM = [M]F/[M]T = (1+∑K∗MX[X]F)
−1 (4.30)

αX = [X]F/[X]T = (1+∑K∗MX[M]F)
−1 (4.31)

These equations, from which the total activity coefficients can be estimated, are solv-
able by iterative methods if K∗MX is known. The results depend on the quality of the
values of K∗MX, which are functions of ionic strength and the composition of the solu-
tion (Millero, 2001). Several computer programs have been developed for this kind of
iterative problems, e.g., HALTAFALL (Ingri et al., 1967). Since the pioneering work
of Garrels and Thompson (1962), the ion-pairing model has been extensively used for
seawater type solutions (see Millero and Hawke, 1992), as well as updated and extended
(e.g., Dickson and Whitfield, 1981; Turner et al., 1981). The updated model allows re-
liable estimates of activity coefficients for a number of major and minor ions of natural
waters up to 1 m ionic strength at 25◦C. However, the use of this model becomes trou-
blesome at higher ionic strength and at other temperatures, due to the lack of reliable
data. For seawater, about fifty association constants are needed. There are also difficul-
ties associated with the determination of the activity coefficients of ion pairs (Millero
and Schreiber, 1982). The dependence of the ionic strength on the association constant
values, besides the fact that it makes this concept ambiguous, introduces complexity
in the calculations. The ionic strength and association constants are inter-dependent,
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which requires solving of several simultaneous complicated equations by an iterative
method. These problems contributed to the fact that the ion-pairing model in its pure
form has now, for most part, been abandoned (Pierrot, 2002). However, the CO2SYS
(and other similar programs) is an example of an ion-pairing model adapted to a specific
purpose, i.e., calulations of the carbonate system in seawater, which uses experimentally
determined stoichiometric constants based on total concentrations, e.g., for carbonate
[CO3]T = [CO2−

3 ]+ [MgCO0
3]+ [CaCO0

3]+ [SrCO0
3].

4.2 Pitzer Equations

The specific interaction model of Pitzer (1991) is one of the most widely used interaction
models in order to account for non-ideal behavior of electrolytes, such as the seawater
ionic medium. It treats strong electrolytes as completely dissociated, and the properties
of the solutions are described, as far as possible, in terms of interactions between free
ions, in contrast to the ion-pairing model (Dickson and Whitfield, 1981). The Pitzer
model is based on an extension of the Debye-Hückel theory using a virial expansion of
terms in increasing powers of molality for the expression of the excess Gibbs free energy
(Gex) (Pitzer, 1995):

Gex

RT
= ww f (I)+

1
ww

∑∑λi j(I)nin j +
1

w2
w

∑∑∑µi jknin jnk (4.32)

where ww is the amount of water (kg) and ni is the moles of species i, i.e., ni/ww = mi
which is the molality. Here f (I) is a function of ionic strength and accounts for long-
range electrostatic forces and corresponds to the right-hand terms in the Debye-Hückel
expressions (Eqs. 4.14 and 4.15). Its final form is empirically chosen to best fit the
experimental data. The binary interaction parameter, λi j represents the short-range in-
teractions in the presence of the solvent between solute species i and j. It is dependent
on ionic strength for ions, but not for neutral species. The ternary interaction parameter,
µi jk, is a similar quantity for triple solute interactions, which may be significant at higher
concentrations, but has not been found experimentally to depend on ionic strength (Pier-
rot, 2002; Pitzer, 1991). These interaction terms thus account for ion-ion, ion-neutral,
and neutral-neutral species interactions and similar triple particle interactions. These
specific species interaction terms are critical at higher concentrations and distinguish the
Pitzer approach from the Debye-Hückel approach. Fourth or higher order interactions
can be added, but are only necessary for very concentrated solutions. The λi j and µi jk
terms are summed over all possible solute combinations. The full details of the Pitzer
equations have been described elsewhere (Pitzer, 1995, 1991; Millero and Pierrot, 1998;
Pierrot, 2002) and will not be repeated here.
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A simple example is the carbonate system in sodium chloride solution (Paper II), the
single-ion (and single-molecule) activity coefficients are given by

lnγ(H+) = f γ +2mCl(BHCl +mClCHCl)+mNamCl(B′NaCl +CNaCl)

+ mNa(2ΘNa-H +mClΨHNaCl) (4.33)
lnγ(HCO−3 ) = f γ +2mNa(BNaHCO3 +mClCNaHCO3)+mNamCl(B′NaCl +CNaCl)

+ mCl(2ΘCl-HCO3 +mNaΨCl-HCO3−Na) (4.34)

lnγ(CO2−
3 ) = 4 f γ +2mNa(BNaCO3 +mClCNaCO3)+4mNamClB′NaCl

+ 2mNamClCNaCl +mCl(2ΘCl-CO3 +2E
θCl-CO3)

+ mNaΨNa-Cl-CO3 (4.35)
lnγ(CO2) = 2mNa(λNa-CO2 +λCl-CO2)+mNamClξNaCl-CO2 (4.36)

The term Θi j is related to the interactions of similarly charged ions i and j. The term
Ψi jk is related to the triple ionic interactions of two similarly charged ions with an ion
of opposite charge. These mixing parameters are determined from mixtures of two elec-
trolytes with a common ion. The λin and ξi jn paramaters account for interactions with
neutral species (n). Note that this λ term is different from that in Equation (4.32). The
term Eθ accounts for unsymmetrical mixing effects (see Pitzer, 1991). The limiting law
is given by

f γ =−Aφ

[
I1/2/

(
1+1.2I1/2

)
+2/1.2ln

(
1+1.2I1/2

)]
(4.37)

The values of BMX, B′MX and CMX in Equations (4.33)-(4.35) are given by

BMX = β
(0)
MX +

(
β
(1)
MX/2I

)[
1− exp

(
−2I1/2

)(
1+2I1/2

)]
(4.38)

B′MX =
(

β
(1)
MX/2I2

)[
−1+ exp

(
−2I1/2

)(
1+2I1/2 +2I

)]
(4.39)

CMX = Cφ

MX/
(

2|zMzX|1/2
)

(4.40)

where β(0), β(1) and Cφ are empirical interaction parameters, or Pitzer parameters. The
osmotic coefficient for the simple system here is given by

φ−1 = f φ +mNaBφ

NaCl +mNamClC
φ

NaCl (4.41)

where

lnaw = −(2mNaCl/55.51)φ (4.42)

f φ = −Aφ

[
I1/2/

(
1+1.2I1/2

)]
(4.43)

Bφ

NaCl = β
(0)
NaCl +β

(1)
NaCl exp

(
−2I1/2

)
(4.44)
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Equations (4.38)-(4.40) were developed using data for 1-1 and 1-2 electrolytes. In cases
of other valence types, it was found that these equations also represented the properties
of 3-1 and 4-1 electrolytes (Pierrot, 2002). However, for 2-2 electrolytes (e.g., MgSO4)
a fourth interaction parameter, β(2), was needed to obtain good agreement with the ex-
perimental data (e.g., Pitzer and Mayorga, 1974). The need for this β(2) term arises
from the tendency for 2-2 salts to form ion pairs at low and moderate molalities (Pier-
rot, 2002, Papers V-VI) and Pitzer and Mayorga (1974) have shown that β(2) is related
to the association equilibrium constant, K, by β(2) =−K/2.

The Pitzer model is mathematically simple, involving only the summation of linear
terms. However, extending a simple electrolyte towards the composition of the seawater
ionic medium, requires extensive parameterization and the need for consistent datasets.
The simple carbonate system in sodium chloride above requires 20 interaction parame-
ters derived from 58 coefficients for temperature dependence. In general, parameteriza-
tions of interaction and mixing parameters of electrolytes have been determined at 25 ◦C
(Harvie et al., 1984; Pitzer, 1991). Several extensions of the 25 ◦C parameterizations
have been made over the years for use in natural systems. At the time of writing, the
modified MIAMI Ion Interaction Model (Waters and Millero, 2013; Millero and Pierrot,
1998; Campbell et al., 1993; Clegg and Whitfield, 1995; Millero and Roy, 1997), which
uses the equations of Pitzer (1991), is applicable primarily to major ions in seawater
(from 0 to 50 ◦C, and 0 to >40 salinity) containing the species H+, Na+, K+, Mg2+,
Ca2+, Sr2+, Cl−, Br−, OH−, HCO−3 , B(OH)−4 , HSO−4 , SO2−

4 , CO2−
3 , CO2, B(OH)3, and

H2O. The matrix of Pitzer model parameters for a major ion seawater of such composi-
tion is considerable: 40 sets of cation-anion interactions, and potentially 250 ternary or
"mixture" parameters, each which may vary with temperature and pressure. The mea-
surements that are used to build models of mixtures such as seawater include: solvent
and solute activities, apparent molar enthalpies and heat capacities (yielding the varia-
tion of the model parameters with temperature), apparent molar volumes (the variation
of the parameters with pressure), and other data.

Although the Pitzer model treats strong electrolytes as completely dissociated, it is com-
patible with the ion-pairing approach at lower molalities (Whitfield, 1975; Millero and
Pierrot, 1998, Papers II and VI). For some electrolyte systems that tend to show stronger
ion pairing, it becomes necessary to take ion-association constants into account in order
to fit the data to within the experimental precision. The carbonic, sulfuric and phospho-
ric acid systems are such examples.

4.3 Monte Carlo Simulations

The common feature of the ion-pairing and specific interaction approaches to chemical
speciation modelling is that they require a great deal of thermodynamic data, since they
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include a large number of parameters whose values must be determined experimentally.
In this work (Papers II and VI), an alternative approach, Monte Carlo (MC) modelling,
was explored. This approach demands very little experimental data. All that is needed
is the dependence of water’s dielectric constant on temperature, and the hard sphere
radii of the ions and molecules to be modelled. Monte Carlo modelling does, however,
require extensive computing resources.

The Debye-Hückel theory, as well as the Monte Carlo method used in this work, is based
on a dielectric continuum model where particles (ions and non-electrolytes) are treated
as hard spheres with radii ri and charges zi. The solvent (water) is described solely by
its temperature dependent dielectric constant εi. This representation of an electrolyte is
usually referred to as the unrestricted primitive model (UPM) (Carley, 1967), compared
to the simpler restricted primitive model (RPM) (Friedman, 1960) that considers ions
as charged hard spheres of equal size dissolved in a solvent represented by its bulk
dielectric constant. The potential energy of a particle i interacting with another particle
j is described using Coulomb’s law according to the following conditions;

u(ri j) =


ziz je2

4πε0εrri j
ri j ≥ ri + r j (long range)

+∞ ri j < ri + r j (short range)
(4.45)

Here ri j is the distance between the two particles, ε0 is the permittivity of vacuum and e
is the elementary charge (charge of electron). The sum of the hard sphere radii, ri + r j
can be regarded as the distance of closest approach. At large separation, for exam-
ple between two cations, this sum becomes neglible. The distances between particles
decrease at higher concentrations, which leads to higher contribution from short-range
interactions and hence the importance of the hard sphere radii is increased. The treat-
ment of the solvent as a structure-less medium containing hard spheres is obviously an
approximation but, for our applications, a fairly good one (Papers II and VI).

In contrast to the Debye-Hückel theory, where the distribution of charge is approximated
by an ionic atmosphere, the primary goal of the Monte Carlo (MC) method is to find this
distribution by simulating the positions of the ions in solution.

The MC method used in this work was developed by Svensson and Woodward (1988)
and was performed by the standard Metropolis algorithm (Metropolis et al., 1953). A
Canonical ensemble was constructed by using a cubic box with periodic boundary con-
ditions using large systems, i.e., up to >5000 particles (ions) as hard charged spheres.
Next, particles are moved, one at the time, to new random positions. After each move,
the total Coulomb energy U is calculated by adding all particle interactions

U =
N−1

∑
i=1

N

∑
j=i+1

u(ri j) (4.46)
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If the energy is lowered after one such move, the configuration is accepted. If on the
other hand, the move leads to an increase in energy, the configuration is accepted with
the probability exp(−β∆U):

∆U < 0 Accept move
∆U > 0 Accept if ξ < exp(−β∆U) (4.47)

where ξ is a random number between 0 and 1. In this way the particle distribution is
simulated and U reaches a stable value and the system is assumed to represent equilib-
rium.

After the system is equilibrated, the displacement of particles continues where a particle
α is inserted at a random position. This allows calculation of the energy required to add
the particle to the system which, by definition, is equal to the chemical potential

µα =

(
δG
δnα

)
T,P,n

(4.48)

The activity coefficient, i.e., the excess chemical potential, is calculated according to
Widom’s method (Widom, 1963):

lnγ =− ln〈exp[−β∆Uα(r)]〉 (4.49)

Here β is 1/kBT , where kB is the Boltzmann constant and T is the absolute temperature.
The exponential term enclosed in the angular brackets is the ensemble average of the
energy change, ∆Uα, of adding the particle. The original Widom method becomes less
accurate when dealing with ionic systems of finite sizes, since the addition of a charged
particle will violate electroneutrality in the cell. This effect can be reduced consider-
ably by using very large systems, but such simulations require enormous computation
times. Instead a charge rescaling method was used to re-establish electroneutrality in
the computation cell (Svensson and Woodward, 1988, Papers II and VI).
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Summary

“Högskolestudenten av idag är icke intelligentare och har icke heller bättre omdöme
än förr. Men han har större hjärna om han har lärt sig göra bruk av datamaskinerna.”

David Dyrssen, Svensk Kemisk Tidskrift 79:4 (1967)

Paper I

Data collected in 1995 and 2008 in the Gotland Deep, under contrasting redox con-
ditions, were evaluated with the objective to assess how pH couples to biogeochemical
processes. The largest decrease in pH was observed in the layer where oxygen decreased
from ∼300 µmol kg−1 to about zero. When oxygen was low or hydrogen sulfide was
present pH was nearly constant both in 1995 and 2008 at a low level of ∼7.2. Oxy-
gen and sulfate were the major electron acceptors in remineralization of organic matter,
while nitrate played a minor role in the low oxygen or anoxic environment. The small
variability in pH under conditions of low oxygen concentrations indicated that Fe(III)-
and Mn(IV)-oxides were of minor importance as electron acceptors during organic mat-
ter mineralization at this site. In oxic environments, observed data were consistent with
mineralization of the model substance (CH2O)45(CH2)44(NHCH2CO)16(CHPO4Me).
Under anoxic conditions, however, the observed changes in pH and DIC could be ex-
plained by mineralization of organic matter with significantly lower lipid content, e.g.,
material of terrestrial origin.

Paper II

Stoichiometric dissociation constants of the carbon dioxide system in NaCl solution
between 0 and 1 mol kg−1 and 0 to 25 ◦C were estimated by Monte Carlo (MC) simula-
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tions, and compared with Pitzer calculations and experimental measurements. The MC
results are in good agreement with the experimental data as well as with the Pitzer cal-
culations. This study shows that Monte Carlo simulations in the temperature and ionic
strength range relevant to seawater can provide pK values of the same quality as Pitzer
calculations, and constitutes the first step in developing a temperature-dependent MC
model for seawater.

Paper III

Large-scale patterns of net community production (NCP) were estimated during the late
summer cruise ARK-XXVI/3 (TransArc, Aug/Sep 2011) to the central Arctic Ocean.
Several approaches were used based on: (i) continuous measurements of surface water
oxygen to argon ratios (O2/Ar), (ii) underway measurements of surface partial pressure
of carbon dioxide (pCO2), (iii) discrete samples of dissolved inorganic carbon (DIC),
and (iv) dissolved inorganic nitrogen and phosphate. The NCP estimates agreed rel-
atively well within the uncertainties associated with each approach. The highest late
summer NCP (up to 6 mol C m−2) were observed in the marginal sea ice zone region.
Low values (< 1 mol C m−2) was found in the sea-ice covered deep basins, with a strong
spatial variability. Lowest values were found in the Amundsen Basin and moderate val-
ues were observed in the Nansen and Makarov Basins, with slightly higher estimates
over the Mendeleev Ridge. Our findings support a coupling of NCP to sea ice coverage
and nutrient supply and thus stress a potential change in spatial and temporal distribution
of NCP in a future Arctic Ocean. To follow the evolution of NCP in space and time, it is
suggested to apply one or several of these approaches in shipboard investigations with a
time interval of three to five years.

Paper IV

Subsurface waters of the central Arctic Ocean were investigated for temporal trends
over the last two decades using concentrations of dissolved inorganic carbon (DIC), to-
tal alkalinity (TA), nutrients, and oxygen data from six cruises between 1991 to 2011,
covering the Nansen, Amundsen and Makarov Basins. In each basin, for each property,
differences were computed between the mean concentrations of the Arctic Atlantic Wa-
ter (AAW) and the upper Polar Deep Water (uPDW), relative to the deep waters. In the
intermediate water masses, significant positive time trends for DIC are observed, ranging
from 0.6 to 0.9 µmol kg−1 y−1 (AAW) and 0.4 to 0.6 µmol kg−1 y−1 (uPDW). Absence
of time trends in nutrients indicates no change in the rate of organic matter remineral-
ization. Consequently, the buildup of DIC is attributed to increasing concentrations of
anthropogenic carbon (Cant) in the waters flowing into these depth layers of the Arctic
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Ocean. The resulting rate of increase of the column inventory of Cant is estimated to be
between 0.6 and 0.9 mol C m−2 yr−1, depending on the basin.

Paper V

Significant excess alkalinity, of the order of 30 µmol kg−1 and attributed to dissolved
organic matter, has recently been measured in the Baltic Sea. Chemical speciation mod-
elling shows that the measured excess alkalinity is consistent with an organic alkalinity
derived from dissolved organic carbon, assuming that this dissolved organic carbon con-
sists entirely of terrestrial humic substances. The contribution of polydisperse material
such as humic substances to titration alkalinity invalidates the assumptions on which the
current definition of titration alkalinity is based. It is therefore concluded that alkalinity
should not be one of the parameters used to characterise the CO2 system in organic-
rich waters. The use of a simple relationship to estimate organic alkalinity from the
dissolved organic carbon concentration is assessed for the limited Baltic Sea data set
currently available.

Paper VI

Mean salt activity coefficients of a simplified seawater electrolyte (Na+, Mg2+, Ca2+,
Cl−, SO2−

4 ) at varying salinity (5-40) and temperature (0-25 ◦C) were estimated by
Monte Carlo (MC) simulations, and compared with Pitzer calculations. The MC sim-
ulations used experimentally determined dielectric constants of water at different tem-
peratures, and optimal agreement with the experimental data and Pitzer calculations was
achieved by adjusting the ionic radii. The results, together with a previous study of the
carbon dioxide system in sodium chloride solution (Paper II), suggest that a complete
Monte Carlo description of seawater activity coefficients may be achievable using the
hard sphere approach with a very limited number of fitted parameters (effective ionic
radii), in contrast to the large number of fitted parameters required for a Pitzer model.
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Future Outlook

“Columnia regi sapienta”

Christina Regina Sueciae (1632-1654)

Although the marine carbonate system is well-defined in theory, intriguing issues arise
when implemented in practice. Inconsistencies between calculated and measured pa-
rameters can to some extent be traced back to the analytical procedures in use with re-
spect to accuracy and precision. However, there are still inconsistencies reported within
the marine communities that slip through unexplained. The evaluation of the internal
consistency of the marine carbonate system relies on underlying thermodynamic princi-
ples. For example, the various acid-base systems in a seawater sample are assumed to
be completely known and in equilibrium. It is assumed that these acid-base systems are
well-characterized by equilibrium constants defined with ionic medium standard states,
and that these can be closely approximated by concentration quotients that are a function
of salinity, temperature, and pressure. This is seldom the case in a natural open system
such as seawater, but reasonable consistency is most often achievable if care is taken
during sampling, analysis, and evaluation. However, in coastal and estuarine systems,
the available sets of stoichiometric constants risk to fail due to deviating ionic composi-
tion and abundant presence of organic protolytes compared to standard oceanic seawater.
Determination of new dissociation constants of carbonic acid, e.g., for the Baltic Sea,
would be a well-needed effort. There is also a need for the development of state-of-the-
art analytical methods for measurements of the carbonate system parameters in anoxic
and sulphidic waters, particularly in the wake of expanding hypoxia in the Baltic Sea
and generally for coastal systems globally. The contribution of weak organic protolytes
to total alkalinity needs to be further studied, both in coastal and oceanic systems. This
is important for biogeochemical modelling as well as for the analytical procedures and
subsequent evaluation. It is also desirable to complement the existing environmental
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monitoring repertoire in the Baltic Sea with measurements of dissolved inorganic car-
bon. This would be an important contribution to the constrainment of the Baltic carbon
cycle and an extra means of validation for the extensive modelling efforts that are being
done in the Baltic Sea, underlying the management of the Baltic Sea Action Plan and
policy making in the Baltic region.

Although there has been an increased sampling in recent years, the Arctic Ocean remains
a highly under-sampled system despite its role in the global carbon cycle and Earth’s cli-
mate. In order to understand the physical and biogeochemical processes in this system,
it is important to accelerate the collection of data, both temporally and spatially. Most
shipbased studies in this region are performed during the Arctic summer, when the sea
ice conditions are more forgiving. Buoys, moorings, and ice-tethered profilers provide
long time-series data, but mainly of physical parameters. Development of long-term sta-
ble sensors for the parameters of the carbonate system in Arctic conditions is desirable,
but remains a challenge. As a complement to conventional discrete sampling, underway
measurements provide the higher temporal or spatial resolution, although exclusive for
the uppermost layer. Underway measurments of pCO2 has been used extensively and
important information on the dynamics of the surface carbonate system has been ob-
tained. Preferably, these measurements should be complimented to a larger extent by,
e.g., underway methods for measurements of DIC, pH, O2/Ar, which are already avail-
able. The use of high-resolution continuous measurements is crucial in elucidating the
spatial and temporal variability of the biogeochemical processes that governs the car-
bon cycling in the Arctic Ocean, processes that are likely to be missed by conventional
discrete sampling. However, within the ice-covered deep basins of the Arctic, the gas
exchange is still poorly constrained. Extensive studies are needed to elucidate the role of
gas exchange, and what role it will have for the air-sea gas exchange in future scenarios
with declining sea ice extent.

The changes in the sea ice cover of the Arctic Ocean, observed and predicted for the
future, will likely have substantial impact on the fluxes of chemical constituents as well
as the ventilation of deep waters. Moving from a state where the biological productivity
mainly has been confined to the shelf areas to a situation with much more biological ac-
tivity over the deep central basins, notably an increase in export production, changes the
biogeochemistry of the deep and bottom waters. With more sedimentation of organic
matter to the deep layers, remineralization increases which results in elevated bottom
water nutrient and dissolved carbon concentrations, and decrease in oxygen concentra-
tion. The larger seasonal ice production, possibly in combination with a higher surface
water salinity if mixing of the upper water layers increases, results in more brine forma-
tion that contribute to deep water formation. Standing on the threshold of these unprece-
dented changes, there is a strong need for high quality studies of relevant properties of
the full water column and the biologically productive surface waters of the central Arctic
Ocean on a regular basis within international collaborations.
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The use of computer programs to carry out chemical speciation and other complex cal-
culations for aqueous solutions and natural waters has traditionally involved obtaining
the program from the authors, understanding the probably idiosyncratic input and output
facilities (only intended for the authors’ use), and learning to use the program without
instructions or documentation. These obstacles have hampered the use of state-of-the-
art models and the spread of best practice in modelling. Therefore, there is a strong
need for the developement of a user-friendly, well-documented, multi-platform software
package as well as a compilation of a consistent, quality-controlled database of Pitzer
parameters, adapted for the range of salinity (0 - 35, concentrated brines), temperature
(-2 - 40◦C), and pressure (1 - 1000 atm) that are likely to be of interest in natural waters.
This also applies to chemical speciation modelling of trace metals and their complexa-
tion with both inorganic and organic ligands, which need extensive parameterization and
characterization.

In summary, the marine carbonate system is a well-known, and at the same time an in-
triguingly complex, chemical system of utter importance to the global biogeochemical
cycling of carbon and to Earth’s climate. Our understanding of the marine carbon cycle
has increased immensely during the last few decades as a result of accurate and precise
observations of the marine carbonate system, although still with large temporal and spa-
tial gaps. In constrast to the chemistry, our knowledge of potential feedbacks from its
natural components is much more uncertain. The biological responses to these are ex-
tremely hard to assess, particularly in the wake of the changing climate. Although much
effort has been put into manipulative small- and medium-scale experiments to identify
and quantify these, it remains a challenge to extrapolate these to a gobal scale, both in
space and time.

Thus, in the composition of seawater the carbonic acid, on account of its intimate rela-
tions to life, still forms an item of particular interest.
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Kuliński, K., and J. Pempkowiak (2012), Carbon Cycling in the Baltic Sea, Geoplanet: Earth
and Planetary Sciences, Springer-Verlag Berlin Heidelberg, 5–47, doi:10.1007/978-3-642-
19388-0_2.
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